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Key points: 8 

1) Normal stress determines chemical potential and consequent phase stability on a given 9 

interface to first order. 10 

2) Interface-parallel stresses can influence phase stability for interfaces near a reaction 11 

boundary. 12 

3) Non-hydrostatic thermodynamics are directly applicable to dry systems undergoing solid-13 

solid reactions. 14 
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ABSTRACT: 25 

 Gibbs free energy, the fundamental thermodynamic potential used to calculate 26 

equilibrium mineral assemblages in geological systems, does not apply to non-hydrostatically 27 

stressed solids. Consequently, there is debate over the significance of non-hydrostatic stress in 28 

petrological and geophysical processes. To help resolve this debate, we consider the effects of 29 

non-hydrostatic stress on the polymorph pairs kyanite/sillimanite, graphite/diamond, 30 

calcite/aragonite, and quartz/coesite. While these polymorphs are most relevant to metamorphic 31 

processes, the concepts developed are applicable to any single-component solid reaction. We 32 

quantitatively show how stress variations normal to an interface alter equilibrium temperatures of 33 

polymorph pairs by approximately two orders of magnitude more than stress variations parallel 34 

to an interface. Thus, normal stress controls polymorph stability to first order. High-pressure 35 

polymorphs are expected to preferentially nucleate normal to and grow parallel to the maximum 36 

stress and low-pressure polymorphs, the minimum stress. Nonetheless, stress variations parallel 37 

to an interface allow for the surprising possibility that a high-pressure polymorph can become 38 

more stable relative to a low-pressure polymorph as stress decreases. The effects of non-39 

hydrostatic stress on mineral equilibrium are unlikely to be observed in systems with 40 

interconnected, fluid-filled porosity, as fluid-mediated reactions yield mineral assemblages at 41 

approximately constant pressures. In dry systems, however, reactions can occur directly between 42 

elastic solids, facilitating the direct application of non-hydrostatic thermodynamics. Non-43 

hydrostatic stress is likely to be important to the evolution of metamorphic systems, as 44 

preferential orientations of polymorphic reactions can generate seismicity and may influence 45 

fundamental rock properties such as porosity and seismic anisotropy.  46 

 47 



Plain language summary: 48 

  Geoscientists are interested in determining at what temperatures and pressures different 49 

minerals are stable in the Earth. This is because the breakdown and formation of minerals is 50 

important for processes such as the generation of earthquakes and the geochemical cycling of 51 

elements like hydrogen and carbon. However, a key problem is that the calculations we use to 52 

determine if minerals are stable assume that pressure is equal in all directions. But if this were 53 

true, there would be no mountains or earthquakes which are caused by unequal pressures deep 54 

within our planet. This leaves the question of how do we determine mineral stability when 55 

pressure is not equal in all directions? In our work, we show that the pressure on each side of a 56 

mineral determines whether each side is stable. This means, for example, if one squeezes 57 

graphite hard enough in one direction, the squeezed sides will start to form diamond while the 58 

other sides remain graphite. Consequently, when pressure is not equal in all directions, minerals 59 

will break down or form in certain directions. This could create cracks for earthquakes, or allow 60 

water to enter rocks more easily, influencing subsurface fluid flow and element cycling.  61 

 62 

1. Introduction 63 

 Gibbs free energy (G) is the fundamental thermodynamic potential that forms the 64 

backbone of analytical techniques used in geology such as pseudosection modeling and 65 

geothermobarometry. It was defined by Gibbs (1875) as 66 

𝐺 = 𝐸 − 𝑇𝑆 + 𝑃𝑉  (1) 67 

where E is internal energy, T is absolute temperature, S is entropy, P is pressure, and V is 68 

volume. Gibbs free energy has the special property that when a system’s temperature and 69 

pressure are constant, the molar G value, or chemical potential, of each component in a system 70 



will be equal in all phases at chemical equilibrium. This foundational thermodynamic principle is 71 

used to determine equilibrium stability relationships in chemical systems of any complexity. A 72 

basic example is determining the pressure-temperature conditions of equilibrium among 73 

polymorphs, such as the aluminosilicate (Al2SiO5) polymorphs, in a single-component system. 74 

 An important concern, however, when applying Gibbs free energy to geological systems 75 

is that elastic solids can sustain unequal, or “non-hydrostatic,” stresses at mechanical equilibrium 76 

(Connolly, 2009; Dahlen, 1992; Hobbs & Ord, 2016; Powell et al., 2018; Tajčmanová et al., 77 

2014, 2015; Wheeler, 2014, 2018, 2020). Consequently, the special property of G no longer 78 

applies. This point was demonstrated by Gibbs himself. He considered the case of a single-79 

component parallelepiped solid in contact with fluids at three different pressures, one per set of 80 

parallel faces. He showed that the chemical potential at each solid-fluid interface is (p. 353, 81 

1878) 82 

𝐴𝑠 + 𝑃𝑓𝑉𝑠 = 𝜇𝑠
𝑓
  (3) 83 

where A is the Helmholtz free energy, the s and f subscripts refer to solid and fluid, respectively, 84 

and 𝜇𝑠
𝑓
 is the chemical potential of the solid dissolved in the fluid. The Helmholtz free energy 85 

(A) is 𝐸 − 𝑇𝑆 and can be used to define interface equilibrium conditions. Gibbs showed that 86 

since 𝐴𝑠 and 𝑉𝑆 were constant for the solid but Pf varied between the fluids, the chemical 87 

potential of the solid dissolved in each of the three fluids would be different. This demonstrates 88 

that the G-based chemical potential of a component may not be constant in all phases at 89 

equilibrium when stress is non-hydrostatic. Furthermore, the fact that the chemical potential is 90 

different at each interface of the non-hydrostatically stressed solid suggests that a G-based 91 

chemical potential cannot be meaningfully defined within a non-hydrostatically stressed solid 92 

(Kamb, 1961; Larché & Cahn, 1985). The chemical potential within a solid can only be 93 



rigorously defined when the chemical potential is the same on all interfaces, that is, when the 94 

solid is hydrostatically stressed and therefore behaves thermodynamically as a fluid phase 95 

(Larché & Cahn, 1985). Consequently, a single-valued “thermodynamic pressure” for a solid, 96 

such as the mean stress, cannot be used to define a single G-based chemical potential for a non-97 

hydrostatically stressed solid and, thus, cannot be used to determine equilibrium assemblages 98 

(Bruton & Helgeson, 1983; Kamb, 1961; Larché & Cahn, 1985; Powell et al., 2018; Wheeler, 99 

2018). Instead, equation (3) must be used to determine the specific chemical potential and 100 

consequent equilibrium condition at each solid-fluid interface.  101 

It has generally been thought that in fluid-saturated systems, the fluid pressure determines 102 

the equilibrium mineral assemblages (Bruton & Helgeson, 1983; Dahlen, 1992; Kamb, 1961). 103 

This is because 𝑃𝑓 will be constant in a fluid-rock system with interconnected porosity, and 𝐴𝑠 104 

and 𝑉𝑆 are both relatively insensitive to stress changes. Consequently, the conventional wisdom 105 

holds that 𝜇𝑆
𝑓
 varies only slightly if solids are non-hydrostatically stressed in fluid-bearing 106 

systems. However, the effects of non-hydrostatic stress on solid-solid interfaces and on 107 

subsequent equilibrium mineral assemblages is a highly debated topic (Connolly, 2009; Hobbs 108 

and Ord, 2016; Powell et al., 2018; Tajčmanová et al., 2014, 2015; Wheeler, 2014, 2018). 109 

In this work we investigate the range of effects of non-hydrostatic stress on both solid-110 

solid and solid-fluid interface equilibria and discuss implications for natural geological systems. 111 

We focus specifically on a quantitative treatment of stability relations among single-component 112 

polymorphs. We use Larché and Cahn’s (1985) equation (3.24) for solid-solid interface 113 

equilibrium, which stems from the equilibrium conditions defined in equations (25), (26), and 114 

(27) in Larché and Cahn (1978b). The work of Larché and Cahn (1973, 1978a, 1978b, 1985) 115 

closely follows Gibbs’ derivations and extends them to define mechanical, thermal, and chemical 116 



equilibrium in systems with both fluids and non-hydrostatically stressed, multi-component 117 

elastic solids which allow diffusion. Larché-Cahn theory has been both well established in the 118 

materials science community and experimentally tested (e.g., Shi et al., 2018). Wheeler (2018) 119 

presented Larché and Cahn’s equation (3.24) simplified for the case of two single-component 120 

solids: 121 

𝐴𝛼 − 𝜎𝑛𝑉
𝛼 = 𝐴𝛽 − 𝜎𝑛𝑉

𝛽  (4) 122 

where A and V are the molar Helmholtz free energies and volumes, respectively, of two phases α 123 

and β, and σn is the normal stress between α and β. This equation represents the condition for 124 

chemical equilibrium between two single-component polymorphs such as kyanite and sillimanite 125 

at a given interface. When the chemical potentials of both phases are equal, they are in chemical 126 

equilibrium at that interface. We use the standard sign convention that compressive stress on a 127 

solid is negative and tension is positive in accordance with traditional linear elastic theory; in 128 

contrast, pressure in a fluid is positive by convention as a fluid cannot support tensile stress 129 

(Larché & Cahn, 1985). This means that equation (4) has minus signs in front of terms 130 

containing normal stress whereas (3) has a plus sign in front of the fluid pressure term. 131 

Additionally, we note that when one of the solids is hydrostatically stressed, equation (4) 132 

simplifies to (3) because a hydrostatically stressed solid behaves as a fluid thermodynamically 133 

(Gibbs, 1875; Larché & Cahn, 1985). When both solids are hydrostatically stressed, it becomes 134 

the classic G equilibrium condition.  135 

Previous studies have illuminated key aspects of polymorphic relationships under non-136 

hydrostatic conditions. For example, Powell et al. (2018) use a solution to equation (4) which is 137 

Larché and Cahn’s (1985) equation (4.30) simplified for single-component solids using the 138 

derivation from Sekerka and Cahn (2004). They use this to investigate the effects of stress 139 



variations parallel to an interface on aluminosilicate polymorph phase relations. They conclude 140 

that non-hydrostatic stress has a smaller effect on solid-solid interface equilibrium than it has on 141 

solid-fluid interface equilibrium, making non-hydrostatic stress inconsequential in determining 142 

equilibrium mineral assemblages. Wheeler (2018, 2020) presents equation (4) but argues that 143 

variation in normal stress controls equilibria and qualitatively discusses previously published 144 

experiments that support this hypothesis. In contrast to Powell et al. (2018), Wheeler (2014) 145 

posits that normal stress variations could locally alter the equilibrium temperature of 146 

metamorphic reactions by hundreds of degrees. Thus, there is continued debate over the 147 

significance of non-hydrostatic stress on phase relations in geological systems. Resolving this 148 

debate has fundamental implications for interpretation of metamorphic phase relations and fluid-149 

rock systems in general. 150 

These previous studies have each highlighted a different piece of how stress affects 151 

mineral equilibria. Wheeler (2014) focuses on variation in stresses normal to mineral interfaces 152 

during metamorphic reactions while Powell et al. (2018) implicitly consider variations in stresses 153 

parallel to mineral interfaces during polymorphic replacement reactions. Consequently, what is 154 

required now is a full 3-dimensional quantitative assessment of how stress affects solid-fluid and 155 

solid-solid interface equilibrium that can help reconcile previous results and serve as a 156 

foundation for further investigations of the effects of non-hydrostatic stress.  157 

Here we quantitatively show how variations in non-hydrostatic stress can shift interface 158 

equilibrium temperatures by a few degrees to hundreds of degrees, unifying previous results. We 159 

do this by applying a three-dimensional extension of equation (4) to four significant geological 160 

single-component polymorphs: kyanite/sillimanite (Al2SiO5), quartz/coesite (SiO2), 161 

calcite/aragonite (CaCO3), and graphite/diamond (C). We focus on kyanite and sillimanite to 162 



demonstrate the full range of effects of non-hydrostatic stress on the stability of both solid-fluid 163 

and solid-solid interfaces for comparison with Powell et al. (2018; Figure 1). For the other three 164 

pairs of polymorphs, results are provided only for the solid-solid case as it is the focus of this 165 

paper (Figure 2). We examine direct reactions between a solid phase and another solid or fluid 166 

phase. Thus, our calculations do not consider more complex fluid behaviors such as grain 167 

boundary films that can sustain non-hydrostatic stresses between mineral grains (e.g., Alcantar et 168 

al., 2003; Kristiansen et al., 2011; Rutter, 1983) or reactions involving interface-coupled 169 

dissolution-reprecipitation (e.g., Ague & Axler, 2016; Putnis & Austrheim, 2010; Putnis & John, 170 

2010). While the polymorphs we examine are relevant to metamorphic processes, the concepts 171 

developed in this work are directly applicable to any single-component solid reaction and, 172 

therefore, to a wide range of lithospheric settings.  173 

 174 

2. Methods 175 

Here we derive a three-dimensional form of equation (4), showing how A, V, and σn can 176 

be computed for an arbitrary stress state. For A, first calculate the molar Gibbs free energy of 177 

formation for the phase of interest at a hydrostatic pressure and temperature of interest, ΔGf,T.P, 178 

and subtract the pressure times the molar volume at the pressure and temperature of interest, 179 

𝑉𝑇,𝑃, as this is by definition A: 180 

∆𝐴𝑓,𝑇,𝑃 = ∆𝐺𝑓,𝑇,𝑃 − 𝑃𝑉𝑇,𝑃  (5) 181 

where ∆𝐴𝑓,𝑇,𝑃 is the Helmholtz free energy of formation at the given temperature and pressure. 182 

Next, using linear elastic theory with a small strain approximation (e.g., Voorhees & Johnson, 183 

2004, p. 38-41), determine the change in A between the hydrostatic pressure and the stress of 184 



interest at a constant temperature by integrating the following equation (e.g., Nye, 1957, p. 136-185 

137): 186 

𝑑𝐴 = 𝑉𝑇𝜎𝑖𝑗𝑑𝜀𝑖𝑗  (6) 187 

where 𝑑𝐴 is an infinitesimal increment of A, VT is the volume at the temperature of interest with 188 

no stress (σij = 0), σij is the Cauchy stress tensor, and dεij is an infinitesimal increment of the 189 

small strain tensor εij. The ij follow indicial notation and repeated indices (ii) follow the Einstein 190 

summation convention. When integrated from a reference hydrostatic pressure, 𝜎𝑃 = −𝑃 191 

(compressive stress is negative), equation (6) becomes 192 

𝐴𝜎 = ∆𝐴𝑓,𝑇,𝑃 +
1

2
𝑉𝑇[𝜎𝑖𝑗𝜀𝑖𝑗 − 3𝜎𝑃𝜀𝑃] = ∆𝐺𝑓,𝑇,𝑃 − 𝑃𝑉𝑇,𝑃 +

1

2
𝑉𝑇[𝜎𝑖𝑗𝜀𝑖𝑗 − 3𝜎𝑃𝜀𝑃]  (7) 193 

where Aσ is the Helmholtz free energy at the stress σij, and εP is the axial strain at the reference 194 

hydrostatic pressure (P).  195 

Next, the molar volume at the stress of interest, Vσ, can be calculated by taking the sum of 196 

one plus the diagonal components of the strain tensor (i.e., the dilation) and multiplying this by 197 

the original volume, 𝑉𝑇:  198 

𝑉𝜎 = 𝑉𝑇(1 + 𝜀𝑖𝑖).  (8) 199 

This is a valid approximation of the volume if strains are small (<3–4%; Voorhees & Johnson, 200 

2004, p. 42). 201 

Lastly, normal stress can be calculated by multiplying the Cauchy stress tensor by the 202 

components of the unit vector normal to the interface, n (Larché and Cahn, 1985): 203 

𝜎𝑛 = 𝜎𝑖𝑗𝑛𝑖𝑛𝑗 .  (9) 204 

 Thus, using equations (7), (8), and (9), equation (4) can be rewritten as  205 

𝐴𝜎
𝛼 − 𝜎𝑖𝑗

𝛼𝑛𝑖
𝛼𝑛𝑗

𝛼𝑉𝑇
𝛼(1 + 𝜀𝑖𝑖

𝛼) = 𝐴𝜎
𝛽
− 𝜎𝑖𝑗

𝛽
𝑛𝑖
𝛽
𝑛𝑗
𝛽
𝑉𝑇
𝛽
(1 + 𝜀𝑖𝑖

𝛽
)  (10) 206 



where α and β are again the two single-component phases of interest such as kyanite and 207 

sillimanite. Equation (10) can be solved to determine chemical equilibrium for an interface at 208 

any orientation between two single-component solids of arbitrary symmetry in an arbitrary stress 209 

field at mechanical and thermal equilibrium (i.e., constant stress and temperature). Note that 210 

stresses parallel to the interface need not be equivalent in phases α and β (e.g., Figure 1e). 211 

However, they are equivalent in our treatment of solid-solid relationships (Figure 1a) in order to 212 

limit the calculations to three independent variables (Figures 1 and 2). 213 

 We solve equation (10) to calculate the interface equilibrium temperature at which 214 

kyanite and sillimanite are at chemical equilibrium for solid-solid and solid-fluid interfaces 215 

depicted in Figures 1a and 1e. We align the principal stresses so they are normal to the faces of 216 

the solids. We vary the normal stress between -0.5 and -0.9 GPa and the parallel stresses between 217 

-0.1 and -1.3 GPa. For solid-solid interface equilibrium, both the kyanite and the sillimanite are 218 

equivalently non-hydrostatically stressed along their axes (Figure 1a). For solid-fluid interface 219 

equilibrium, the kyanite is non-hydrostatically stressed while the sillimanite is hydrostatically 220 

stressed at a value equal to the normal stress between the kyanite and sillimanite (Figure 1e). The 221 

sillimanite in this example is therefore a “fluid” thermodynamically, as hydrostatically stressed 222 

solids are treated using fluid (i.e., constant pressure) thermodynamics. However, this does not 223 

imply that the sillimanite has the mechanical properties of a fluid.  224 

We also calculate the equilibrium temperature for solid-solid interfaces as depicted in 225 

Figure 1a between graphite and diamond (C) with normal stresses from -3.1 to -3.5 GPa and 226 

interface-parallel stresses from -2.7 to -3.9 GPa (Figure 2a); calcite and aragonite (CaCO3) with 227 

normal stresses from -1.4 to -1.7 and interface-parallel stresses from -1.0 to -2.1 GPa (Figure 228 

2b); and quartz and coesite (SiO2) with normal stresses ranging from -2.7 to -3.0 GPa and 229 



interface-parallel stresses from -2.3 to -3.4 GPa (Figure 2c). We chose these ranges so that all the 230 

polymorph pairs have comparable equilibrium temperatures ranging from approximately 600 to 231 

700 oC. We emphasize that the computed conditions for equilibrium—when both phases have 232 

equivalent chemical potentials—only apply to the specified interface between the two 233 

polymorphs (Figures 1a and 1e) and do not imply chemical equilibrium at the other interfaces. 234 

We do not consider shear stress because typical geological solid-solid and solid-fluid interfaces 235 

cannot sustain shear stress at mechanical equilibrium (Bruton & Helgeson, 1983; Larché & 236 

Cahn, 1978b). 237 

The thermodynamic calculations use Holland and Powell’s (2011) thermodynamic 238 

dataset (HP11). Our elastic calculations treat all polymorphs as isotropic and their elastic moduli 239 

as constants. These approximations are valid for assessing the effects of non-hydrostatic stress to 240 

first order (Larché & Cahn, 1985; Powell et al., 2018). To determine a full set of isotropic elastic 241 

moduli (e.g., Nye, 1957, p. 142-146), we use the bulk moduli from HP11 and a Poisson's ratio of 242 

0.24 for kyanite (Mikowski et al., 2008); 0.27 for sillimanite (Christensen, 1996); 0.084 for 243 

quartz (Pabst & Gregorova, 2013); 0.25 for coesite (Chen et al., 2015); 0.31 for calcite and 0.18 244 

for aragonite (Schön, 2011); and 0.223 for graphite and 0.069 for diamond (Gercek, 2007).  245 

 246 

3. Results 247 

 In the solid-solid interface scenario the same stresses are applied to the three orthogonal 248 

axes of each polymorph (Figure 1a). Figures 1b and 2 show equilibrium isothermal surfaces that 249 

represent all stress combinations at which the interface is at equilibrium for a given temperature. 250 

The greater the change in equilibrium temperature with stress variation, the greater the effect the 251 

stress variation has on the phases’ chemical potentials and consequent interface equilibrium. For 252 



a fixed stress, temperatures higher than the equilibrium temperature will make the high-pressure 253 

polymorph (e.g., kyanite) unstable at the interface, and lower temperatures will make the low-254 

pressure polymorph (e.g., sillimanite) unstable.  255 

Geometrically, the isothermal surfaces for the Al2SiO5, C, and CaCO3 polymorph pairs 256 

have a concave-down, inverted “bowl” topology (Figures 1b and 2a-b). The constant normal 257 

stress cross sections (e.g., Figure 1c) are elliptical with their centers at the point of hydrostatic 258 

stress where normal stress = stress 2 = stress 3. The centers are minima because the equilibrium 259 

temperature increases away from them. In contrast, SiO2 has saddle isothermal surfaces (Figure 260 

2c). The constant normal stress cross section has a saddle point for the center where normal 261 

stress = stress 2 = stress 3, and equilibrium temperature increases or decreases depending on how 262 

stresses 2 and 3 are varied.  263 

For the solid-solid Al2SiO5 polymorph pair, when the normal stress is varied, the 264 

corresponding change in interface equilibrium temperature is large and similar to the kyanite-265 

sillimanite Clapeyron slope: a 0.2 GPa change in normal stress changes the interface equilibrium 266 

temperature by ~100 oC (Figure 1d). In contrast, if the interface-parallel stresses (stresses 2 and 267 

3) are varied by 1 GPa, the interface equilibrium temperature shifts by only a few oC (Figure 1c). 268 

The other polymorph pairs show similar magnitude variations (Figure 2).  269 

 In the solid-“fluid” interface scenario (Figures 1e-h), kyanite is non-hydrostatically 270 

stressed whereas sillimanite is hydrostatically stressed at a value equal to the normal stress, 271 

thermodynamically representing a fluid (Figure 1e; Larché & Cahn, 1985). The isothermal 272 

surfaces have a concave-up “bowl” topology (Figure 1f). The constant normal stress cross 273 

section has elliptical contours with a center where normal stress = stress 2 = stress 3 (Figure 1g). 274 

The center is a maximum because the equilibrium temperature decreases away from it.  When 275 



the normal stress is varied, the change in the interface equilibrium temperature is large although 276 

slightly less than that of the solid-solid scenario: a 0.2 GPa change in normal stress changes the 277 

interface equilibrium temperature by ~90 oC (Figure 1h). In contrast, varying the interface-278 

parallel stresses (stresses 2 and 3) by 1 GPa shifts the interface equilibrium temperature by only 279 

~5 oC at most (Figure 1g).  280 

  281 

4. Discussion 282 

Remarkably, the effects of non-hydrostatic stress on interface equilibrium temperature 283 

can range over two orders of magnitude, depending on how stress is applied (Figures 1 and 2). 284 

The change in equilibrium temperature with stress variation is a physically intuitive way of 285 

understanding the influence stress has on the chemical potential of the given interface. 286 

4.1. Normal stress controls interface equilibrium conditions 287 

The results demonstrate that normal stress determines the equilibrium temperature of an 288 

interface to first order (Bruton and Helgeson, 1983; Ferry, 2000; Gibbs, 1878; Green, 1980; 289 

Karato, 2008; Larché & Cahn, 1985; Paterson, 1973; Richter et al., 2016; Robin, 1978; Vaughan 290 

et al., 1984, Wheeler, 2014, 2018, 2020). This intuitively makes sense as the normal stress is the 291 

stress that some chemical species on the surface of a phase (i.e., an interface) has to overcome to 292 

be removed from the current phase and form a new one (Karato, 2008).  293 

In contrast, variations in the interface-parallel stresses have only a small effect on 294 

equilibrium temperature (Figures 1c, 1g, and 2). The effects of variations in the interface-parallel 295 

stresses are what Powell et al. (2018) calculated in their work. The reason interface-parallel 296 

stresses have only a small effect on interface equilibrium temperature is that when normal stress 297 

is constant, only 𝐴𝜎 and 𝑉𝜎 vary in equation (10). These are functions of elastic strain which 298 



changes only slightly with stress, and therefore, the equilibrium temperature changes only 299 

slightly. The variation in the solid-solid case (Figure 1c) is smaller than that of the solid-fluid 300 

case (Figure 1g). In the solid-fluid case, 𝐴𝜎 and 𝑉𝜎 change only for kyanite. In the solid-solid 301 

case, however, 𝐴𝜎 and 𝑉𝜎 will increase or decrease together for both phases as they are equally 302 

non-hydrostatically stressed. This means that in the solid-fluid case, the change in equilibrium 303 

temperature corresponds to the change in 𝐴𝜎 and 𝑉𝜎 for kyanite (Figure 1g) whereas in the solid-304 

solid case, the change in equilibrium temperature corresponds to the difference in the change of 305 

𝐴𝜎 and 𝑉𝜎 between kyanite and sillimanite (Figure 1c). Consequently, interface-parallel stress 306 

variations have surprisingly little effect on the interface equilibrium temperature of polymorphs, 307 

consistent with Powell et al. (2018).  308 

 However, although the variations of stresses 2 and 3 in Figure 1a may have only a small 309 

effect on the interface between kyanite and sillimanite (Figure 1c), they would have large effects 310 

on the equilibrium temperatures for interfaces that are normal to them. This indicates that while 311 

the interfaces between kyanite and sillimanite examined in Figures 1a and 1e may be at chemical 312 

equilibrium at a given temperature and stress, the other interfaces are unlikely to also be at 313 

equilibrium. Consequently, for a non-hydrostatically stressed solid, the equilibrium condition of 314 

each interface must be determined individually using equation (10). Smaller stress variations of 315 

up to 0.1–0.2 GPa, which are common in some metamorphic systems (e.g., Andersen et al., 316 

2008; Devaux et al., 2000; Little et al., 2007; Wheeler, 2014; Zulauf, 2001), would shift interface 317 

equilibrium temperatures by as much as 50–100 oC (Figures 1b and 1d) on interfaces of the same 318 

mineral grain depending on its orientation. This suggests that non-hydrostatic stress can have a 319 

considerable impact on mineral stability.  320 



The influence of normal stress on interfaces predicts three major effects on polymorphic 321 

phase transitions, each of which have been demonstrated experimentally. 1) At a fixed 322 

temperature, high-pressure polymorphs should form when the maximum stress exceeds the 323 

hydrostatic pressure of transformation, and for low-pressure polymorphs, when the minimum 324 

stress falls below the hydrostatic pressure of transformation (Hirth & Tullis, 1994; Richter et al., 325 

2016; Zhou et al., 2005; Figure 3b). 2) High-pressure polymorphs should preferentially nucleate 326 

along interfaces normal to the maximum stress while low-pressure polymorphs should 327 

preferentially nucleate along interfaces normal to the minimum stress (Cionoiu et al., 2019; 328 

Green & Burnley, 1989; Hacker & Kirby, 1993; Kirby et al., 1991; Schubnel et al., 2013; 329 

Vaughan et al., 1984; Figure 3c). 3) High-pressure polymorphs may then preferentially grow 330 

parallel to the maximum stress, and low-pressure polymorphs, the minimum stress (Hacker & 331 

Kirby, 1993; Vaughan et al., 1984).  332 

The first and second effects have recently been demonstrated by Richter et al. (2016). In 333 

their quartz/coesite phase transition experiments, coesite, the high-pressure polymorph, formed 334 

when the maximum stress exceeded the pressure of the phase transition (Figure 3b). Coesite 335 

formation occurred even when the mean stress of the system resided significantly below the 336 

quartz/coesite transition pressure (Figure 3a). This provides a clear experimental demonstration 337 

that the normal stress on each interface determines phase stability to first order (Figure 3b). In 338 

addition, our rose diagram representing the orientation of the coesite grains in Figure 3c strongly 339 

suggests that the coesite grains nucleated along interfaces normal to the maximum stress, 340 

consistent with the second effect. Subsequent shear strain in these experiments rotated the coesite 341 

grains into the shear and foliation planes (Richter et al., 2016; Figure 3c), preventing the third 342 

effect (growth parallel to the maximum stress) from being clearly observed as the experiments 343 



progressed. However, growth parallel to the maximum stress has been observed in some 344 

previous non-hydrostatically stressed polymorph reaction experiments with lower shear strains 345 

(e.g., Hacker & Kirby, 1993; Vaughan et al., 1984). 346 

4.2. Interface stability with interface-parallel stress variation 347 

Although interface-parallel stress variations only shift interface equilibrium temperatures 348 

by a small amount, they are still important as they cause phase instabilities at interfaces which 349 

are at or near a reaction boundary. How these interface-parallel stresses affect phase stabilities 350 

depends on the morphology of the isothermal surfaces (Figures 1b, 1f, and 2).  351 

4.2.1. Solid-fluid case 352 

The solid-fluid case has a concave-up isothermal surface topology (Figure 1f). Consider a 353 

kyanite–sillimanite interface that is hydrostatically stressed at a fixed temperature and is at 354 

equilibrium. In this case, if either of the kyanite interface-parallel stresses (stresses 2 and 3 in 355 

Figure 1e) are increased or decreased, the equilibrium temperature of that interface will decrease 356 

(Figure 1g). Consequently, the system temperature now exceeds the equilibrium temperature of 357 

the interface, making sillimanite, the low-pressure polymorph, stable relative to kyanite, the 358 

high-pressure polymorph. That is, if two polymorphs are hydrostatically stressed and at 359 

equilibrium on an interface, any variation in interface-parallel stress on the high-pressure 360 

polymorph will make it unstable relative to the low-pressure polymorph. Surprisingly, this means 361 

that an increase in interface-parallel stress will actually make a high-pressure polymorph less 362 

stable relative to a hydrostatically stressed low-pressure polymorph.   363 

This result is consistent with and extends the derivation of Sekerka and Cahn (2004). 364 

They showed that if 1) a hydrostatically stressed solid is in equilibrium with its melt, and 2) the 365 

solid stress is varied parallel to the solid-melt interface, then 3) the solid’s melting temperature 366 



will decrease along that same interface. Stated another way, interface-parallel stress variation 367 

decreases the melting point of the solid along the given interface. In our case, sillimanite can be 368 

viewed as a higher temperature “melt” phase because it remains hydrostatically stressed like a 369 

fluid. Additionally, the values of the contours in Figure 1g are consistent with the magnitudes 370 

calculated by Sekerka and Cahn (2004). However, we emphasize that this phase instability only 371 

occurs along the solid-fluid interface which has a constant normal stress. The other interfaces of 372 

this non-hydrostatically stressed solid will have different equilibrium conditions.  373 

4.2.2. Solid-solid case 374 

In the solid-solid case, both polymorphs experience non-hydrostatic stresses (Figure 1a) 375 

which allows for different stability behaviors (Figure 2). In the solid-fluid case, as Sekerka and 376 

Cahn (2004) showed, the hydrostatically stressed “fluid” will always be stable relative to the 377 

non-hydrostatically stressed solid. In the solid-solid case, however, it is possible to have different 378 

critical point stabilities (i.e., isothermal surface topologies) depending on the relative elastic 379 

constants of the solids. Figure 4 illustrates the possible isothermal surface topologies different 380 

polymorph pairs may have by plotting elastic moduli combinations for hypothetical isotropic 381 

polymorph pairs. This allows for the characterization of possible polymorph pair responses to 382 

stress variation.  383 

The ratio of the Young’s moduli of the high-pressure phase relative to the low-pressure 384 

phase determines the stability of each phase with variation in the interface-parallel stresses 2 and 385 

3 under constant normal stress (Figure 4). This is because Young’s modulus is a measure of the 386 

stiffness of a material. The higher the Young’s modulus of a solid, the less strain energy will be 387 

imparted by stress variation, making it more stable relative to solids with lower Young’s moduli. 388 

When the ratio of the Young’s moduli is low, the behavior is the same as in the solid-fluid case: 389 



any interface-parallel stress variation will cause the low-pressure phase to become stable relative 390 

to the high-pressure phase because the isothermal surfaces are concave up (Figure 4 sections I 391 

and IV). In contrast, when the ratio of the Young’s moduli is high, any interface-parallel stress 392 

variation will cause the high-pressure phase to be stable relative to the low-pressure phase as the 393 

isothermal surfaces are now concave down (Figure 4 sections III and VI).  394 

Poisson’s ratio adds further complexity. The Poisson’s ratio characterizes how applied 395 

stress on one axis causes deformation on the others. If the Poisson’s ratios are equal between the 396 

phases, the stability will simply shift from a concave-up surface to a concave-down surface at a 397 

single point as the Young’s moduli ratio increases. However, if the Poisson’s ratios are different, 398 

the stability transition will be more complex, and the isothermal surface will become a saddle 399 

surface as the stability transition occurs (Figure 4, sections II and V). In this case, either the high-400 

pressure or the low-pressure phases could be more stable depending on the variations in stresses 401 

2 and 3. Lastly, the relative Poisson’s ratios determine the orientation and eccentricity of the 402 

elliptical cross sections of the surfaces. The transition between ellipse orientations is shown in 403 

Figure 4 by the dashed line.  404 

4.2.3. High-pressure polymorph stability with stress decrease 405 

High-pressure polymorphs typically have higher Young’s moduli than low-pressure 406 

polymorphs. Consequently, in the solid-solid case (Figure 1a), the Al2SiO5, C, and CaCO3 407 

polymorph pairs all have isothermal surfaces that correspond to section VI of Figure 4 (Figures 408 

1b, 2a, and 2b). In this case, the high-pressure polymorphs will be stable relative to the low-409 

pressure polymorphs with interface-parallel stress variations away from hydrostatic equilibrium. 410 

The SiO2 polymorph pair is an exception because of quartz’s low Poisson’s ratio (Pabst & 411 

Gregorova, 2013). But the SiO2 polymorphs aside, the stability of high-pressure polymorph 412 



interfaces with interface-parallel stress variation has an unexpected and profound implication: a 413 

decrease in stress can make a high-pressure polymorph more stable at a given interface (Figure 414 

5).  415 

Consider a graphite crystal that is hydrostatically stressed at -3.3 GPa (compressive stress 416 

is negative by convention) at a temperature of 643 oC, placing it just below the boundary of 417 

graphite/diamond equilibrium (Figures 2a and 5a). If the stress on one of the axes of the graphite 418 

crystal decreases while the temperature is held constant, then the diamond would become more 419 

stable than graphite on the interfaces normal to the unchanged stress (Figures 5b and 5c). This 420 

unintuitive result means that a drop in stress in a geological system could allow for the formation 421 

of a higher-pressure phase on certain interfaces parallel to the stress decrease (Figure 5c). Thus, 422 

although interface equilibrium temperatures are relatively insensitive to interface-parallel stress 423 

variations, these stress variations still have important effects on the stability of interfaces at or 424 

near equilibrium.  425 

4.3. Application to natural systems 426 

The predicted effects of non-hydrostatic stress on phase stability must be applied to 427 

natural systems with care as many factors will affect the thermodynamic relationships.  428 

4.3.1. Fluid-bearing systems 429 

One of the most important considerations is the presence of a fluid phase. Fluids may 430 

diminish or circumvent predicted variations in mineral stability in a non-hydrostatically stressed 431 

system because fluids have a constant pressure at equilibrium (Figures 6a and 6b). Since many 432 

metamorphic reactions are mediated by pore fluids, the fluid pressure would dictate the 433 

equilibrium mineral assemblage for a fluid-bearing system with interconnected porosity (Figure 434 

6a; Llana-Fúnez et al., 2012). Consequently, non-hydrostatic stress would likely change 435 



equilibrium mineral assemblages by ~5 oC or less (Figure 1g). This is consistent with Bruton and 436 

Helgeson (1983) and Powell et al. (2018). 437 

Nonetheless, there could be variation in mineral equilibria in fluid-bearing systems if 438 

there are isolated fluid pockets with different fluid pressures which can be considered to have 439 

their own local equilibria (Larché & Cahn, 1978b; Figure 6b). This is a possibility at lower 440 

crustal depths where fluids may form isolated pockets instead of interconnected networks due to 441 

surface energy contrasts between the solids and fluids (Connolly & Podladchikov, 2004; 442 

Holness, 1993; Yoshino et al., 2002). Moore et al. (2019) report the preservation of such grain-443 

scale variations in local mineral equilibria in shear zones.  444 

4.3.2. Dry systems 445 

Dry systems which lack a fluid phase do not have these same restrictions because elastic 446 

solids can sustain non-hydrostatic stresses at equilibrium. This makes the effects of non-447 

hydrostatic stress on interface equilibrium and consequent equilibrium assemblages directly 448 

applicable.  449 

4.3.2.1. Irreversible deformation 450 

One must first consider whether solids in the system can be treated as elastic. If energy-451 

dissipating processes such as irreversible deformation (e.g., plastic, ductile, or viscous) are 452 

occurring, the solids become fluid-like in behavior making the application of solid 453 

thermodynamics difficult (Figure 6c; Hobbs & Ord, 2016, 2017). These dissipative processes are 454 

functions of many geologic variables including temperature, differential stress, mineral strength, 455 

dissolved hydrogen content, and grain size (e.g., Kohlstedt et al., 1995; Karato & Jung, 2003). 456 

However, on short enough timescales, even irreversibly deforming solids can be approximated as 457 

elastic, allowing the direct application of solid thermodynamics (e.g., Moulas et al., 2019).  458 



4.3.2.2. Elastic solids and stress limiting reactions 459 

The non-hydrostatic equilibrium thermodynamic relationships discussed in this paper are 460 

directly applicable to dry systems (i.e., no free fluid phase) in which the solids can be 461 

approximated as elastic on the timescale relevant to the evolution of the metamorphic system. In 462 

such situations, chemical equilibrium conditions for single-component elastic solid interfaces can 463 

be directly calculated using equation (10).  464 

While non-hydrostatic stress may lead to changes in mineral stability with orientation, 465 

dry systems without significant dissipative processes still have a mechanism by which they can 466 

limit the effect of non-hydrostatic stress on mineral assemblages: the large volume changes 467 

associated with polymorphic reactions (Ferry, 2000). The molar volume decreases associated 468 

with the four low-to-high pressure polymorph reactions in this study are 7.4% (CaCO3), 9.0% 469 

(SiO2), 11.5% (Al2SiO5), and 58.5% (C) at 25 oC and 105 Pa (Holland & Powell, 2011). In elastic 470 

strain theory, a volume change of several percent typically requires multiple GPa of pressure 471 

variation. This means that polymorphic reactions in rocks such as quartzites and marbles can act 472 

to limit non-hydrostatic stress, depending on the timescales of compaction and relaxation.  473 

For example, consider a hypothetical aggregate of calcite and aragonite in a fixed volume 474 

at a constant temperature as in Figure 6d where the maximum stress is above the 475 

calcite/aragonite reaction boundary and the minimum stress is below the boundary. Calcite, the 476 

low-pressure polymorph, will break down to form aragonite, the high-pressure polymorph, on 477 

interfaces normal to the maximum stress. The aragonite may then grow parallel to the maximum 478 

stress (Hacker & Kirby, 1993; Vaughan et al., 1984). This will cause the volume to decrease in 479 

the direction of the maximum stress, lowering the maximum stress down to the calcite/aragonite 480 

reaction boundary. Likewise, we predict that aragonite will break down to form calcite on 481 



interfaces normal to the minimum stress, and the calcite will then grow parallel to the minimum 482 

stress. This would increase the volume, raising the stress to the calcite/aragonite reaction 483 

boundary. Consequently, both the maximum and minimum stresses in the system will tend 484 

toward the calcite/aragonite reaction boundary, diminishing non-hydrostatic stress.  485 

However, in real systems the volume is not constant, and the rate of compaction or 486 

relaxation will serve to increase or decrease stresses, respectively, limiting the timescale on 487 

which the non-hydrostatic stresses may be diminished. We also note that there may be other 488 

factors which influence mineral shape-preferred orientations. If both stresses lie within one of the 489 

polymorph’s stability fields or if mineral growth kinetics are complex or anisotropic, growth 490 

parallel to the maximum or minimum stress may not be realized. Future work is clearly needed 491 

to investigate the interactions of kinetics and thermodynamic driving force. Additionally, it is 492 

worth noting that any numerical model that attempts to determine the grain-scale stresses in a 493 

system with polymorphic reactions must account for these large volume changes; this may pose 494 

difficulties for classical continuum modeling approaches. 495 

An important implication of these large reaction volume changes is that by potentially 496 

limiting stresses near reaction boundaries, interface-parallel stresses may become more relevant 497 

to polymorphic reactions. When stresses are at or near equilibrium, the variations in interface-498 

parallel stresses can make one phase unstable relative to the other (e.g., Figure 5). This could be 499 

important for settings with large, transient differential stresses such as in shear zones.  500 

4.3.3. More complex fluid behavior 501 

 We have limited our discussion thus far to direct solid-fluid (Fig. 6a and 6b) and solid-502 

solid reactions (Fig. 6d). These reactions are relatively simple and the thermodynamic behaviors 503 

indicated by our results have strong experimental support (e.g., Llana-Fúnez et al., 2012; Richter 504 



et al., 2016). However, there are additional reaction pathways that are not captured in Figure 6 505 

which may operate in geological systems (e.g., Wheeler, 2014). These include reaction 506 

phenomena involving fluid films which sustain stress (Alcantar et al., 2003; Bernabé & Evans, 507 

2014; Correns, 1949 Dahlen, 1992; Kristiansen et al., 2011; Rutter, 1983) and constant-volume 508 

interface-coupled dissolution-reprecipitation reactions (e.g., Ague & Axler, 2016; Putnis & 509 

Austrheim, 2010; Putnis & John, 2010). The interactions between non-hydrostatic stress, solids, 510 

and fluids are more complex in these scenarios and are not as well understood as direct solid-511 

solid or solid-fluid reactions. Consequently, we leave these phenomena as topics for future work. 512 

4.3.4. Evidence of non-hydrostatic stress in preserved assemblages 513 

Normal stress determines an interface’s chemical potential and consequent stability to 514 

first order at a fixed temperature. Consequently, for polymorphic reactions, high-pressure phases 515 

will nucleate normal to the maximum stress (Cionoiu et al., 2019; Green & Burnley, 1989; 516 

Hacker & Kirby, 1993; Kirby et al., 1991; Richter et al., 2016; Schubnel et al., 2013; Vaughan et 517 

al., 1984; Figure 3c) and then may grow parallel to the maximum stress (Hacker and Kirby, 518 

1993; Vaughan et al., 1984). Similarly, we predict that low-pressure phases will nucleate normal 519 

to the minimum stress and then grow parallel to the minimum stress. Thus, we postulate that the 520 

preservation of phase orientations relative to principal stress directions could be an important 521 

indicator of non-hydrostatic stress influencing the thermodynamic and kinetic development of a 522 

mineral assemblage.  523 

These orientations could easily be interpreted to be a result of (and could be coupled 524 

with) mechanical forces that influence mineral shape and crystallographic preferred orientations 525 

and rock fabrics. Future work will be needed to determine the relative influences of these 526 

processes. For example, on Syros, Greece, oriented pseudomorphs of calcite after aragonite are 527 



widespread. Their long axes and c-axes are oriented parallel to the inferred maximum stress. The 528 

calcite is almost certainly a topotactic replacement of the aragonite, preserving the original 529 

aragonite shape and crystallographic orientation (Brady et al., 2004; Carlson & Rosenfeld, 1981). 530 

The crystallographic preferred orientation has previously been interpreted to be a result of 531 

dislocation creep (Brady et al., 2004). However, the pseudomorphs lack evidence of dynamic 532 

recrystallization, and their shape-preferred orientation is inconsistent with a dislocation creep 533 

mechanism (Rybacki et al., 2003). On the other hand, the observed orientations are fully 534 

consistent with the predicted effects of non-hydrostatic stress on shape preferred (Figure 6d) and 535 

crystallographic preferred orientations (Kamb, 1959). Consequently, we speculate that these 536 

marbles may instead be an example of non-hydrostatic stress influencing mineral stability and 537 

consequent polymorphic phase transformations and growth.   538 

4.4. Implications for the evolution of non-hydrostatically stressed dry mineral assemblages 539 

Non-hydrostatic stress is predicted to have significant effects on mineral assemblages in 540 

dry lithospheric systems where the solids behave elastically on the timescale of interest. 541 

Polymorphic mineral assemblages in rocks such as quartzites, marbles, and peridotites in cold, 542 

stressed subduction zones may therefore be ideal for the direct application of the concepts 543 

developed herein. However, any mineral assemblage in which solid-solid reactions are occurring 544 

could potentially be relevant.  545 

Chemical potential and consequent phase stability depend primarily on the normal stress 546 

on an interface (Figures 1 and 2). Therefore, non-hydrostatic stress not only influences the shape 547 

and potentially the crystallographic preferred orientations (Kamb, 1959) of polymorphic mineral 548 

assemblages as previously discussed, but it also controls the thermodynamic driving force behind 549 

such reactions. Consequently, we suggest that the normal stress on each interface should be used 550 



when modeling reaction kinetics, as we explore further below. Using the correct stresses for 551 

thermodynamic and kinetic calculations in non-hydrostatically stressed systems will allow for 552 

both better understanding and modeling of geological processes.  553 

4.4.1. Phase changes and reaction kinetics 554 

Non-hydrostatic stress will result in the preferential orientation of polymorphic reactions. 555 

The spatial alignment of polymorphic reactions has implications for transient processes in 556 

metamorphic and mantle systems, including seismicity. For example, polymorphic reactions 557 

between nominally dry olivine, wadsleyite, and ringwoodite are proposed as a mechanism for the 558 

initiation of deep-focus earthquakes that occur at depths of approximately 400 to 700 km (e.g., 559 

Kirby et al., 1996). The olivine to wadsleyite reaction occurs at about 410 km depth, and the 560 

wadsleyite to ringwoodite reaction occurs at about 520 km depth; however, the reactions are 561 

typically overstepped inside cold subducting slabs (e.g., Green & Houston, 1995) which would 562 

lead to the range of observed earthquake depths.  563 

This mechanism, termed transformational faulting, has been tested experimentally 564 

through the analogue material Mg2GeO4 which is similar to olivine (Mg2SiO4) but reacts at lower 565 

pressures. Experiments have shown that the polymorphic reaction occurs on interfaces normal to 566 

the maximum stress (Green & Burnley, 1989; Schubnel et al., 2013; Vaughan et al., 1984). This 567 

is consistent with the thermodynamic analysis presented herein and other experiments of 568 

polymorphic reactions under stress (Figure 3; Hacker & Kirby, 1993; Hirth & Tullis, 1994; 569 

Kirby et al., 1991; Richter et al., 2016; Zhou et al, 2005). The polymorphic reactions create 570 

“anticracks” from the volume decrease, which are oriented normal to the maximum stress and 571 

comprise small grains of the high-pressure polymorph. These anticracks self-organize into faults 572 

that generate seismic slip due to superplastic flow (Green & Burnley, 1989). Transformational 573 



faulting could result from other polymorphic reactions such as quartz/coesite, calcite/aragonite, 574 

and clinoenstatite/MgSiO3 ilmenite structure. While this remains to be experimentally verified 575 

(e.g., Hacker & Kirby 1993), there is insufficient evidence to eliminate the possibility as some 576 

have suggested because experimental data is limited, and the high strains in experiments don’t 577 

necessarily accurately reflect slow geological processes (Karato, 2010).  578 

The influence of non-hydrostatic stress extends beyond the orientation of polymorphic 579 

reactions. Non-hydrostatic stress also influences reaction kinetics, and the appropriate stresses 580 

should be used for these calculations. Transformational faulting in deep-focus earthquakes, for 581 

example, depends on the existence of metastable olivine cores (or wedges; e.g., Kirby et al., 582 

1996; Mosenfelder et al., 2001) in fast subducting slabs that allow for olivine reactions to 583 

overstep equilibrium and occur deeper than they typically would in the mantle (Green & 584 

Houston, 1995). Consequently, there is great interest in experimentally constraining the reaction 585 

kinetics between olivine, wadsleyite, and ringwoodite (e.g., Kerschhofer et al., 1998; 586 

Mosenfelder et al., 2001; Rubie and Ross, 1994). Reaction kinetics from such studies have been 587 

used to constrain models for both the extent of metastable olivine wedges in subducting slabs 588 

and the occurrences of transformational faulting that may generate deep earthquakes (e.g., 589 

Devaux et al., 1997; Kirby et al., 1996; Mosenfelder et al., 2001). These models use constant 590 

pressures in their calculations. However, metastable olivine wedges may have differential 591 

stresses that exceed 1 GPa (Devaux et al., 2000). Such a large stress differential would lead to 592 

significantly different results for metastable olivine wedge models depending on what stress was 593 

used for the pressure term of the reaction kinetics. We have shown that normal stress determines 594 

chemical potential and consequent phase stability to first order (Figures 1 and 2) as corroborated 595 

by experimental evidence (Richter et al., 2016; Vaughan et al., 1984; Figure 3). Therefore, we 596 



posit that models should use the appropriate normal stress value. In this case, since the high-597 

pressure phases nucleate normal to the maximum compressive stress, we suggest that the 598 

maximum stress value should be used as it is the greatest thermodynamic driving force for the 599 

reaction.  600 

Beyond deep earthquakes, all reactions occurring under non-hydrostatic stress should be 601 

modeled using the appropriate normal stress values in equations for phase stability and reaction 602 

kinetics. Using an averaged value such as mean stress instead will lead to incorrect 603 

determinations of local mineral stability on the grain scale and to incorrect estimations of the 604 

maximum thermodynamic driving force for overstepped reactions on the regional scale.  605 

The full effects of non-hydrostatic stress on reaction kinetics can be calculated in a 606 

similar way to how they were for chemical potential and phase stability in equation (10); 607 

however, in many cases this may not be necessary. As with Helmholtz free energy (A), non-608 

hydrostatic internal energy (E) is also function of strain energy which can be calculated with 609 

equation (6). The volume change can be calculated using equation (8). Together, these can be 610 

used to calculate any molar enthalpy (H) terms often involved in kinetic rates (e.g., Rubie & 611 

Ross, 1994). However, since change in strain energy is orders of magnitude smaller than the 612 

corresponding change in stress, incorporating these changes will likely alter results by 1% or less 613 

(e.g., Figure 1c). Consequently, in most cases simply replacing pressure terms, such as in 614 

equation (1), with normal stress is an appropriate approximation of a full calculation such as in 615 

equation (10) (e.g., Ferry, 2000). This means that the effects of non-hydrostatic stress on mineral 616 

stability and reaction kinetics can be easily and more accurately obtained so long as the 617 

appropriate normal stress value is used in thermodynamic equations as in the example of deep 618 

earthquakes. 619 



4.4.2. Metamorphic fabrics and volume change 620 

The mechanical controls of non-hydrostatic stress on shape and crystallographic preferred 621 

orientation through deformation have been extensively investigated (e.g., Wenk, 1985). 622 

However, there may be thermodynamic controls on metamorphic fabrics that have yet to be 623 

explored. After nucleation, non-hydrostatic stress will likely influence both the shape and 624 

crystallographic preferred orientation of polymorphs as they grow (e.g., Brady et al., 2004; 625 

Hacker & Kirby, 1993; Kamb, 1959; Vaughan et al., 1984). As most polymorphs are structurally 626 

anisotropic, thermodynamically-induced preferred orientations may alter regional rheology and 627 

may create seismic anisotropy (e.g., Brocher & Christensen, 1990; McNamara et al., 2002).  628 

Additionally, the volume change associated with oriented polymorphic reactions could 629 

influence both the rock properties and surrounding lithologies. For example, directional volume 630 

decreases within a rock from orientated reactions may lead to the development of channelized 631 

porosity (e.g., Jamtveit et al., 2000; Plümper et al., 2017). This may create efficient pathways for 632 

the initiation of fluid infiltration in, for example, subducting marbles and carbonate-bearing 633 

silicate rocks. Such infiltration, in turn, could have important geochemical implications, as fluid-634 

driven decarbonation reactions and the stoichiometric dissolution of CaCO3 are important 635 

contributors of CO2 to the geologic carbon cycle (e.g., Ague & Nicolescu, 2014; Kelemen & 636 

Manning, 2015; Kerrick & Connolly, 2001; Stewart & Ague, 2020). 637 

Volume changes may also lead to regional deformation. Polymorphic mineral 638 

assemblages in rocks such as marbles may be subducted, leading to high-pressure polymorph 639 

formation followed by exhumation and subsequent low-pressure polymorph formation (e.g., 640 

Brady et al., 2004; Chopin, 1984; Peterman et al., 2009). The large volume changes associated 641 

with these polymorphic reactions on both burial and exhumation paths may lead to deformation 642 



of adjacent rocks and could possibly affect surface uplift and subsidence (Iyer and Podladchikov, 643 

2009; Peterman et al., 2009).  644 

5. Conclusion 645 

Understanding the interplay of non-hydrostatic stress and the chemical evolution of 646 

metamorphic systems is critical for investigating processes in settings such as subduction zones 647 

and orogenic wedges. To the extent that minerals can be approximated as elastic solids, non-648 

hydrostatic thermodynamic theory as derived by Larché and Cahn (1973; 1978a, 1978b, 1985) 649 

can be used to help understand how non-hydrostatic stress influences processes such as phase 650 

stability, reaction kinetics, deformation, and seismicity.  651 

The application of Larché-Cahn theory to polymorphic reactions indicates that at a fixed 652 

temperature, normal stress determines the chemical potential, and therefore stability, of each 653 

phase on a given interface to first order. In contrast, the influence of interface-parallel stresses on 654 

an interface’s chemical potential is approximately two orders of magnitude smaller. Thus, we 655 

suggest that normal stress should be used for calculations of phase stability and reaction kinetics. 656 

Nonetheless, interface-parallel stress variations allow for the surprising possibility that a stress 657 

decrease in a low-pressure polymorph that is near a polymorphic reaction boundary can lead to 658 

the formation of the high-pressure polymorph. 659 

These concepts are directly applicable to dry systems with elastic solids that can sustain 660 

non-hydrostatic stresses at equilibrium. Under dry conditions, the control of normal stress on 661 

interface stability predicts three effects on polymorphic reactions. First, high-pressure 662 

polymorphs should form when the maximum stress exceeds the pressure of the phase transition, 663 

and low-pressure polymorphs, when the minimum stress is less than the pressure of the 664 

transition. Second, high-pressure polymorphs should nucleate normal to the maximum stress, and 665 



low-pressure polymorphs, the minimum stress. Finally, high-pressure polymorphs may grow 666 

parallel to the maximum stress, and low-pressure polymorphs, the minimum stress. The resulting 667 

shape and crystallographic preferred orientations of polymorphic reactions under non-hydrostatic 668 

stress may be especially important in the evolution of monomineralic polymorphic assemblages 669 

in rocks such as quartzites, marbles, and peridotites. Polymorphic phase transitions under non-670 

hydrostatic stress have been shown to generate seismicity. They may additionally influence 671 

seismic anisotropy, rock porosity, and local and regional deformation. Thus, non-hydrostatic 672 

stress has a rich variety of effects on the evolution of geological systems that have yet to be fully 673 

described, quantified, or potentially even discovered.  674 
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Figures  685 



 686 

Figure 1. The magnitude of the effects of non-hydrostatic stress on solid-solid and solid-fluid 687 

interface equilibrium using the polymorphs kyanite and sillimanite. The hydrostatic reference 688 

frame equilibrium is -0.7 GPa and 667.4 oC (see Methods). We treat compressive stresses as 689 

negative. (a) Applied stress orientations for solid-solid kyanite and sillimanite equilibrium. The 690 

normal stress is normal to the considered interface while stresses 2 and 3 are parallel to the 691 

interface. (b) A contour plot of the equilibrium temperatures necessary for kyanite and 692 

sillimanite to co-exist at the interface shown in Figure 1a under a range of stress conditions. The 693 



contours are isothermal surfaces which represent all stress combinations at which the interface is 694 

at equilibrium at the given temperature. (c) A cross section of Figure 1b where normal stress is 695 

held constant at -0.7 GPa while stresses 2 and 3 are varied. (d) A cross section of Figure 1b 696 

where stress 3 is held constant at -0.7 GPa while normal stress and stress 2 are varied. (e) 697 

Applied stress orientations for solid-fluid kyanite and sillimanite equilibrium. Sillimanite is 698 

hydrostatically stressed, representing a fluid. Stress 1 is equivalent to the normal stress. (f) A 699 

contour plot of the equilibrium temperatures necessary for kyanite and sillimanite to co-exist at 700 

the interface shown in Figure 1e. (g) A cross section of Figure 1f where normal stress is held 701 

constant at -0.7 GPa while stresses 2 and 3 are varied. (h) A cross section of Figure 1f where 702 

stress 3 is held constant at -0.7 GPa while normal stress and stress 2 are varied. 703 

 704 

 705 



Figure 2. Interface equilibrium conditions for the polymorph pairs graphite/diamond (C), 706 

calcite/aragonite (CaCO3), and quartz/coesite (SiO2) using the same setup as Figure 1a. The top 707 

plots show equilibrium isothermal surfaces for the specified interface for a range of stress values. 708 

The isothermal surfaces show the possible stress values at which the given interface is at 709 

equilibrium for the given temperature. The bottom plots are cross sections at a fixed normal 710 

stress. The contours show the equilibrium temperature of the given interface at different values 711 

of stresses 2 and 3 (i.e., interface-parallel stresses). (a) Graphite and diamond (C). (b) Calcite and 712 

aragonite (CaCO3). (c) Quartz and coesite (SiO2). 713 

 714 

 715 

Figure 3. Quartz (Qz) uniaxial deformation experiments which formed coesite (Coe) using a 716 

modified Griggs apparatus. Figure modified after Richter et al. (2016). (a) The mean stress 717 



(
𝜎1+𝜎3+𝜎3

3
) plotted against the temperature for the given experiments where 𝜎1 is the maximum 718 

stress and 𝜎3 is the minimum stress (i.e., the confining pressure). The gray line denotes the 719 

pressure of the transition between quartz and coesite under hydrostatic stress conditions after 720 

Bohlen and Boettcher (1982). The filled symbols are the experiments in which coesite formed. 721 

Most experiments which formed coesite have a mean stress below the pressure of transition 722 

(Ptrans) line, demonstrating that mean stress does not control the reaction. (b) The maximum 723 

stress plotted against the temperature. The presence of coesite correlates strongly with maximum 724 

stress exceeding the pressure of transition. (c) Scanning electron microscope image of coesite in 725 

deformed sample 435br after Richter et al., 2016. Field of view is 650 μm. We created the inset 726 

rose diagram by measuring the angles of the long axes of the coesite grains. The resulting 727 

measurements indicate that the coesite grains nucleate on interfaces normal to the maximum 728 

stress (⊥σ1) and are rotated by progressive shearing into the shear (C’) and foliation (S) planes. 729 

 730 



 731 

Figure 4. A stability diagram of isothermal surfaces with interface-parallel stress variations 732 

based on different combinations of Young’s moduli and Poisson’s ratios for a hypothetical 733 

isotropic high- and low-pressure polymorph pair. The high-pressure polymorph’s Poisson’s ratio 734 

is fixed at 0.25. The x-axis is the ratio of the Young’s modulus of the high-pressure polymorph 735 

relative to the low-pressure polymorph (Ehigh/low), and the y-axis is the Poisson’s ratio of the low-736 

pressure polymorph (νlow). The surfaces are qualitative isothermal surfaces (see Figures 1 and 2). 737 

The critical points (minima, maxima, or saddle points) are the hydrostatic stress value. In 738 

sections I and IV the low-pressure polymorph is stable with stress 2 and 3 variations; in sections 739 

II and V, there is a saddle point which means either could be stable; and in sections III and VI, 740 



the high-pressure polymorph is stable. The dashed line indicates a change in the orientation of 741 

the surfaces.  742 

 743 

 744 

Figure 5. The effects of stress variation on polymorphs near equilibrium. (a) Graphite is 745 

hydrostatically stressed just below graphite/diamond equilibrium. The inset plot (top right) 746 

shows the qualitative isothermal surface for the graphite/diamond equilibrium on the interface 747 

normal to the normal stress (σn; see Figures 2 and 4). (b) Stresses 2 and 3 are decreased while the 748 

normal stress and system temperature are held constant. The blue arrow in the inset plot shows 749 

the change in interface stability. (c) The interface normal to the normal stress is now more stable 750 

as diamond than graphite because the stress on the interface falls in the diamond stability field 751 

(blue dot in the inset plot). Graphite remains stable on the interfaces normal to stresses 2 and 3. 752 

This demonstrates how a stress decrease in a system can make a high-pressure polymorph such 753 

as diamond more stable.  754 



 755 

Figure 6. Controls on mineral equilibria for metamorphic systems with direct solid-fluid and 756 

solid-solid reactions. Wet systems: (a) In systems with interconnected pore fluids that mediate 757 

chemical reactions, the equilibrium mineral assemblages will be determined by the fluid pressure 758 

(Pf) which will be constant in each system. (b) In systems with isolated fluid pockets at different 759 

pressures (Pf1 and Pf2) equilibrium mineral assemblages will be determined locally by each fluid 760 

pressure. This could locally preserve different pressure mineral assemblages. Dry systems: (c) 761 



Minerals undergoing plastic and ductile deformation. Under these conditions, the application of 762 

equilibrium thermodynamics is complicated as the solids act as viscous fluids in disequilibrium. 763 

White lines represent foliation in a rock with a shear zone where orange minerals are being 764 

deformed. (d) Minerals that behave as elastic solids. Normal stress on each interface controls 765 

phase stability. The maximum stress is in the aragonite stability field, and the minimum stress is 766 

in the calcite stability field. Large volume changes (ΔV) associated with metamorphic reactions 767 

could diminish non-hydrostatic stresses.  768 

 769 
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