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Abstract

The carbonate chemistry of Arctic Ocean seafloor and its vulnerability to ocean acidification remains poorly explored. This

limits our ability to quantify how biogeochemical processes and bottom water conditions shape sedimentary carbonate chemistry,

and to predict how climate change may affect such biogeochemical processes at the Arctic Ocean seafloor. Here, we employ an

integrated model assessment that explicitly resolves benthic pH and carbonate chemistry along a S—N transect in the Barents

Sea. We identify the main drivers of observed carbonate dynamics and estimate benthic fluxes of dissolved inorganic carbon

and alkalinity to the Arctic Ocean. We explore how bottom water conditions and in-situ organic matter degradation shape

these processes and show that organic matter transformation strongly impacts pH and carbonate saturation (Ω) variations.

Aerobic organic matter degradation drives a negative pH shift (pH < 7.6) in the upper 2—5 cm, producing Ω < 1. This causes

shallow carbonate dissolution, buffering porewater pH to around 8.0. Organic matter degradation via metal oxide (Mn/Fe)

reduction pathways further increases pH and carbonate saturation state. At the northern stations, where Ω > 5 at around

10–25 cm, model simulations result in authigenic carbonate precipitation. Furthermore, benthic fluxes of dissolved inorganic

carbon (12.5—59.5 μmol cm-2 yr-1) and alkalinity (11.3—63.2 μmol cm-2 yr-1) are 2—3-fold greater in the northern sites due

to greater carbonate dissolution. Our assessment is of significant relevance to predict how changes in the Arctic Ocean may

shift carbon burial and pH buffering into the next century.

1



manuscript submitted to Global Biogeochemical Cycles 

 

Benthic Organic Matter Transformation Drives pH and Carbonate Chemistry in 1 

Arctic Marine Sediments 2 

 3 

F. S. Freitas1, †, S. Arndt2, †, K. R. Hendry1, J. C. Faust3,4, A. C. Tessin5, C. März3 4 

 5 

1 School of Earth Sciences, University of Bristol, Bristol, BS8 1RJ, UK. 6 

2 BGeosys, Department of Earth and Environmental Sciences, Université Libre de Bruxelles, 7 

Brussels, 1050, Belgium. 8 

3 School of Earth & Environment, University of Leeds, Leeds, LS2 9TJ, UK. 9 

4 MARUM - Center for Marine Environmental Sciences, University of Bremen, 28359, Bremen, 10 

Germany 11 

5 Department of Geology, Kent State University, Kent, OH, 44242, USA. 12 

Corresponding author: Felipe S. Freitas (felipe.salesdefreitas@bristol.ac.uk)  13 

† These authors contributed equally to the manuscript. 14 

 15 

Key Points: 16 

• Aerobic organic matter degradation drives shallow porewater pH and carbonate saturation 17 

state decrease in the upper 2—5 cm sediment depth. 18 

• Metal oxide pathways and calcite dissolution increase pH and carbonate saturation in 19 

deeper sediments, enabling authigenic precipitation. 20 

• Higher benthic fluxes of alkalinity and DIC from South to North reflect greater carbonate 21 

dissolution in the northern Barents Sea sites. 22 

 23 

  24 



manuscript submitted to Global Biogeochemical Cycles 

 

Abstract 25 

The carbonate chemistry of Arctic Ocean seafloor and its vulnerability to ocean acidification 26 

remains poorly explored. This limits our ability to quantify how biogeochemical processes and 27 

bottom water conditions shape sedimentary carbonate chemistry, and to predict how climate 28 

change may affect such biogeochemical processes at the Arctic Ocean seafloor. Here, we employ 29 

an integrated model assessment that explicitly resolves benthic pH and carbonate chemistry along 30 

a S—N transect in the Barents Sea.   We identify the main drivers of observed carbonate dynamics 31 

and estimate benthic fluxes of dissolved inorganic carbon and alkalinity to the Arctic Ocean. We 32 

explore how bottom water conditions and in-situ organic matter degradation shape these processes 33 

and show that organic matter transformation strongly impacts pH and carbonate saturation (Ω) 34 

variations. Aerobic organic matter degradation drives a negative pH shift (pH < 7.6) in the upper 35 

2—5 cm, producing Ω < 1. This causes shallow carbonate dissolution, buffering porewater pH to 36 

around 8.0. Organic matter degradation via metal oxide (Mn/Fe) reduction pathways further 37 

increases pH and carbonate saturation state. At the northern stations, where Ω > 5 at around 10–38 

25 cm, model simulations result in authigenic carbonate precipitation. Furthermore, benthic fluxes 39 

of dissolved inorganic carbon (12.5—59.5 µmol cm−2 yr−1) and alkalinity (11.3—63.2 µmol cm−2 40 

yr−1) are 2—3-fold greater in the northern sites due to greater carbonate dissolution. Our 41 

assessment is of significant relevance to predict how changes in the Arctic Ocean may shift carbon 42 

burial and pH buffering into the next century.  43 

 44 

Keywords: Reaction-Transport Model, benthic carbon fluxes, ocean acidification, authigenic 45 

CaCO3 precipitation, calcite dissolution, Barents Sea. 46 
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Plain Language Summary 54 

The Arctic Ocean seafloor is an important place for long-term storage of carbon, locking it away 55 

from the atmosphere and so counteracting anthropogenic greenhouse gas emissions. However, 56 

such carbon storage capacity is also vulnerable itself to climate change. This means that we need 57 

to understand how carbon is processed, recycled, and packed away in the Arctic seafloor to be able 58 

to predict future shifts in Earth’s climate. We use the Barents Sea, a shallow Arctic Ocean area 59 

situated between Svalbard (west), Norway (south), and Russia (east) to study carbon recycling in 60 

the seafloor and to make predictions of possible impacts of climate change. For that, we use a 61 

model that computes chemical processes at the seafloor. This model allows us to investigate how 62 

organic carbon (remains of dead algae and marine animals deposited in the bottom of the sea) 63 

recycling at the seafloor, and saturation state (limit of which carbon particles become soluble) of 64 

bottom waters, can impact the dissolution of inorganic carbon (fragments of shells produced by 65 

marine organisms), which in turn leads to the release of carbon back to Arctic Ocean waters. 66 

Building on these ideas, we then test how possible different environmental conditions arising from 67 

climate change could impact carbon storage in the Arctic Ocean seafloor. We find important 68 

climate feedbacks in the system, for example that further acidification of bottom waters could 69 

reduce inorganic carbon storage, whereas greater deposition and recycling of organic carbon could 70 

help to some extent locking inorganic carbon within seafloor. These important results can help 71 

scientists and policy makers to find ways of mitigating the effects of climate change in the next 72 

decades. 73 

 74 

 75 

 76 

 77 

 78 

 79 

 80 
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1 Introduction 82 

The Arctic Ocean, in particular seasonally ice-free shelf seas, is highly vulnerable to ocean 83 

acidification (OA) due to its large carbon dioxide (𝐶𝑂2) uptake capacity. It acts as a global hotspot 84 

of 𝐶𝑂2 drawdown from the atmosphere due to its permanently cold surface waters, its 85 

undersaturation with respect to 𝐶𝑂2, and brine rejection during sea-ice formation that mixes 86 

surface 𝐶𝑂2 into deeper layers (Chen & Borges, 2009; Kaltin et al., 2002). Air⸻sea 𝐶𝑂2 uptake 87 

exerts an important control on seawater pH and carbonate saturation state (Ω) (Millero, 2000; 88 

Zeebe & Wolf-Gladrow, 2001). Increasing atmospheric 𝐶𝑂2 levels (e.g., by anthropogenic 89 

emissions) can induce negative shifts in pH and Ω (Bindoff et al., 2019; Friedlingstein et al., 2019), 90 

leading to OA (Doney et al., 2020; Gattuso & Hansson, 2011). In addition to air⸻sea 𝐶𝑂2 fluxes, 91 

the carbonate chemistry of the Arctic Ocean is further modulated by the distribution of water 92 

masses with contrasting physico-chemical characteristics, the seasonal sea-ice dynamics, and 93 

fluctuations of riverine discharge, permafrost thawing, coastal erosion, and gas hydrate 94 

destabilization (Bates & Mathis, 2009; Cai et al., 2010; Else et al., 2013; Middelburg et al., 2020; 95 

Semiletov et al., 2016). These processes can contribute to pH and Ω shifts in shallow and deeper 96 

water masses, which can become undersaturated with respect to particulate inorganic carbon (PIC) 97 

phases, i.e., carbonate minerals (aragonite and calcite) (Millero, 2000; Zeebe & Wolf-Gladrow, 98 

2001). Such saturation changes can negatively impact Arctic ecosystems, in particular carbonate-99 

shelled plankton (Fabry et al., 2008; Guinotte & Fabry, 2008; Kroeker et al., 2010), reducing PIC 100 

export to the seafloor (Luo et al., 2016; Y. Zhang et al., 2020), long-term inorganic carbon burial, 101 

and redox processes in Arctic Ocean sediments (Gazeau et al., 2014). Currently, the calcite 102 

compensation depth is situated at around 4,000 m water depth across most of the Arctic Ocean, 103 

whereas aragonite displays a much shallower (2,000 m depth) compensation depth (Jutterström & 104 

Anderson, 2005). However, undersaturation of shallower waters with respect to aragonite is 105 

already documented in the Beaufort Gyre (Y. Zhang et al., 2020) and across the East Siberian Shelf 106 

(Semiletov et al., 2016). Model results further predict an overall shoaling of both aragonite and 107 

calcite compensation depths in the Arctic Ocean due to enhanced 𝐶𝑂2 emissions in the next 108 

hundred years (Luo et al., 2016).  109 

 110 

Changes in the carbonate chemistry of the Arctic Ocean do not exclusively impact the pelagic 111 

system. Crucially, and somewhat underexplored in the Arctic, they also exert an influence on the 112 
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seafloor. Given the comparably low PIC deposition flux and bottom water pH values found in the 113 

Arctic Ocean (Jones et al., 2019; Kostka et al., 1999), a decrease in PIC fluxes would further 114 

suppress the buffering capacity of the sediment, with implications for pH and Ω at the sediment-115 

water interface (SWI) (Middelburg, 2019). Evidence shows that acidification of the Arctic Ocean 116 

can induce a decrease in sedimentary porewater pH, as well as a further decrease in carbonate 117 

deposition with important implications for porewater Ω, and thus dissolved inorganic carbon (DIC) 118 

and total alkalinity (TA) dynamics (Gazeau et al., 2014; Jutterström & Anderson, 2005; Steinsund 119 

& Hald, 1994). Consequently, Arctic marine sediments can experience a decrease of pH buffering 120 

capacity in response to OA (Bates & Mathis, 2009). Laboratory incubation experiments with 121 

Arctic marine sediments showed that a decrease of one pH unit in bottom waters (10-fold increase 122 

in 𝐻+ concentrations) causes significant dissolution of benthic carbonate, as indicated by enhanced 123 

TA effluxes (Gazeau et al., 2014). Yet, benthic inorganic carbon dynamics and porewater pH and 124 

saturation state are not only controlled by bottom water carbonate saturation and PIC deposition 125 

but are also influenced by the complex and dynamic diagenetic processes within the sediment. 126 

These sub-seafloor processes control sediment-water exchange fluxes and burial fluxes, and thus 127 

exert a feedback on ocean carbonate chemistry (Krumins et al., 2013; Morse & Mackenzie, 1990; 128 

Soetaert et al., 2007).  129 

 130 

In marine sediments, there is hardly a biogeochemical process that does not affect the depth 131 

evolution of porewater pH through the production or consumption of protolytic species of the 132 

carbonate and sulfide systems (Blouet et al., 2021; Jourabchi et al., 2005; Morse & Mackenzie, 133 

1990). However, the influence of each biogeochemical reaction on porewater pH is not only 134 

dependent on the production/consumption rates of these protolytic species, but is also controlled 135 

by the ambient pH itself (Jourabchi et al., 2005; Soetaert et al., 2007). In marine sediments within 136 

a pH range of 6.5⸻8.5, some key biogeochemical processes involving organic matter (OM) 137 

transformation can be summarized as follows (Figure 1). Aerobic reactions (OM degradation 138 

coupled to oxygen consumption and re-oxidation of reduced species – e.g., ammonium, dissolved 139 

manganese, dissolved iron, hydrogen sulfide – coupled to oxygen) generally produce negative 140 

shifts in porewater pH (Soetaert et al., 2007). Consequently, these processes are generally 141 

considered the main drivers of carbonate dissolution that usually takes place in the upper, well-142 

mixed sediment layers (Adler et al., 2001; Berelson et al., 1990, 1994; Emerson & Archer, 1990; 143 
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Hales et al., 1994; Jahnke et al., 1994, 1997; Jahnke & Jahnke, 2000, 2004). There is also evidence 144 

that such metabolic dissolution impacts carbonate contents of Arctic shelf surface sediments 145 

(Hulth et al., 1994; Steinsund & Hald, 1994). OM oxidation coupled to manganese and iron 146 

(oxyhydr)oxide reduction consumes protolytic species and thus increases the ambient pH 147 

(Krumins et al., 2013; Soetaert et al., 2007). Generally, these processes result in TA production 148 

and can drive carbonate oversaturation of porewaters (e.g., Berner et al., 1970; Hu & Cai, 2011), 149 

which can favor benthic foraminiferal biomineralization (Green & Aller, 2001). In Arctic Ocean 150 

slope sediments, Tessin et al. (2020) observed a reversal of porewaters pH trends (decreasing to 151 

increasing) at the redox boundary where metal oxide metabolisms replace oxygen-mediated OM 152 

degradation. A similar behavior on pH depth profiles was observed in Arctic shelf sediments 153 

(Kostka et al., 1999). In contrast to metal oxide metabolic pathways, the influence of organoclastic 154 

sulfate reduction (OSR) on porewater pH and Ω is more sensitive to ambient pH conditions. Taken 155 

in isolation from other biogeochemical processes, OSR consumes protolytic species at ambient pH 156 

≤ 6.9, but switches to protolytic species production at pH > 6.9 (Blouet et al., 2021; Soetaert et al., 157 

2007). However, when OSR is followed by precipitation and burial of iron sulfide minerals, it 158 

results in carbonate oversaturation of porewaters (Rassmann et al., 2020).  159 

 160 

Overall, the processes described above show how complex and dynamic the interplay of OM 161 

degradation and re-oxidation processes can be at the seafloor, emphasizing the challenges of fully 162 

capturing the controls of pH and carbonate chemistry in Arctic sediments. Therefore, 163 

systematically understanding which diagenetic processes govern pH and Ω changes and how they 164 

respond to changing environmental conditions is fundamental for constraining the present-day 165 

carbonate system of the Arctic seafloor, and for enabling us to assess its potential response to 166 

projected ecosystem changes (Luo et al., 2016). For example, if OA intensifies (as predicted), will 167 

Arctic sediments still act as major sites of carbon burial? Will these sediments retain their pH 168 

buffering capacity? How will exchange fluxes between benthic and pelagic compartments be 169 

affected? To address these questions, we employ an integrated model assessment that explicitly 170 

resolves benthic pH and carbonate chemistry in Barents Sea shelf sediments to quantify carbonate 171 

dynamics, identify its main drivers, and understand DIC and TA return to the Arctic Ocean. We 172 

investigate five stations (B13⸻B17; Table 1; Figure 2) along a 30 °E S⸻N transect (for details, 173 

see Faust et al., 2020, 2021; Freitas et al., 2020). We apply a Reaction-Transport Model (RTM) 174 
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approach 1) to reproduce the downcore evolution of porewater and sediment depths profiles 175 

including carbonate system parameters (pH, DIC, TA, and Ω), 2) to quantify the relative 176 

contribution of each biogeochemical reaction to porewater pH, carbonate saturation and carbonate 177 

dissolution/precipitation, 3) to quantify benthic effluxes of TA and DIC, and 4) to assess the 178 

sensitivity of benthic carbonate dynamics to changing environmental conditions.  179 

 180 

 181 

 182 

Figure 1. Simplified overview of processes driving carbonate chemistry in marine systems from 183 

air (grey box) to water (cyan box) and seafloor (brown box). Reactions are not stoichiometrically 184 

balanced and only display key species. For complete reaction network see Table S1. The purple 185 

lines illustrate changes in pH profiles as a result of biogeochemical processes. The red bars indicate 186 

negative shifts in pH, whereas the blue bars denote positive changes in pH by reactions. Size of 187 

bars is not quantitative. Changes in pH are assumed for a typical ambient pH interval of 6.5⸻8.5. 188 

Changes in pH due to organoclastic sulfate reduction can be either positive or negative for the 189 

assumed ambient pH interval (see text). Dashed brown arrows indicate that some biogeochemical 190 

processes can overlap within sediments. Depicted processes are adapted from Millero (2000) and 191 

Soetaert et al. (2007). 192 

 193 

 194 
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2 Methods 195 

2.1 Study area 196 

The Barents Sea (Figure 2) is a shelf area in the Arctic Ocean north of Norway and Russia 197 

(Carmack & Wassmann, 2006). The prevailing oceanographic conditions are strongly shaped by 198 

sea-ice and wind dynamics, as well as bathymetry. These interactions generate the complex 199 

boundary between Arctic Water (ArW; low salinity and low nutrients) and Atlantic Water (AW; 200 

high salinity and high nutrients), giving rise to the oceanographic Polar Front (PF) (Oziel et al., 201 

2016). Sea-ice extent during spring⸻summer periods exerts strong influence on pelagic primary 202 

productivity and nutrient cycling, resulting in a general S⸻N zonation (Dalpadado et al., 2020; 203 

Downes et al., 2021; Henley et al., 2020; Lewis et al., 2020; Oziel et al., 2020; Reigstad et al., 204 

2008; Tuerena et al., 2021; Wassmann et al., 2006).  205 

 206 

 207 

Figure 2. Barents Sea and location of investigated stations (B13⸻B17) along a 30°E transect. 208 

Oceanographic features adapted from Oziel et al. (2016). Organic matter degradation rates are 209 

from Freitas et al. (2020). Base map produced with Ocean Data View (Schlitzer, 2021). 210 

 211 

 212 
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The pelagic carbonate chemistry of the Barents Sea is also influenced by latitudinal, bathymetric 213 

and sea-ice trends along the shelf (Jones et al., 2019; Tynan et al., 2016). In the SW Barents Sea 214 

(71°N⸻74°N), surface water pH is lower than on the NE shelf (77°N⸻80°N) where pH reaches 215 

up to 8.23. Generally, pH decreases from surface (pH > 8.10) to deep waters (pH < 8.04) along the 216 

shelf. Furthermore, surface water pH changes seasonally, with winter values around 8.05 and 217 

summer pH > 8.10 (Jones et al., 2019). The TA in the upper layers (shallower than 200 meters) of 218 

the SW and S Barents Sea reflects the predominance of warmer and more saline AW, and ranges 219 

between 2,310 and 2,330 µM (Jones et al., 2019; Tynan et al., 2016). By contrast, the NE shelf 220 

displays the lowest surface (shallower than 50 meters) TA values at 80°N, which reflects both sea-221 

ice melting and biological carbon uptake (Jones et al., 2019).  222 

 223 

Sedimentary porewater pH at the sediment-water interface (SWI) is generally lower (pH < 7.70) 224 

(Husum et al., 2020; Kostka et al., 1999) as compared to bottom waters (e.g., Jones et al., 2019). 225 

TA concentrations at the SWI display a broad range across the Barents Sea and Svalbard shelves. 226 

TA concentrations range between 2,060 and 2,690 µM; nevertheless, TA seems to be mostly 227 

around 2,350 µM, which includes the Barents Sea slope (north of 81°N) (Hulth et al., 1996). 228 

Carbonate contents within the Barents Sea surface sediments reveal higher values on the SW and 229 

Norwegian shelves (> 5 wt%), relatively lower contents in the vicinity of the Polar Front (<1.5 230 

wt%) and moderate amounts on the northern shelf (3⸻5 wt%) (Faust et al., 2020 and references 231 

therein). Biogenic calcite is the predominant form of calcium carbonate (𝐶𝑎𝐶𝑂3) across the 232 

Barents Sea; dolomite is only present in small amounts and linked to coarse detrital sediment input 233 

(Demina et al., 2020; Pautova et al., 2020; Solheim & Elverhoi, 1996).  234 

 235 

2.2 Model approach 236 

We adopt the Biogeochemical Reaction Network Simulator (BRNS), a flexible simulation 237 

environment suitable for large, mixed kinetic-equilibrium reaction networks (Aguilera et al., 2005; 238 

Regnier et al., 2002). We extend the set-up of the BRNS for the Barents Sea sites that was recently 239 

applied for investigating and quantifying seafloor OM transformation dynamics (Freitas et al., 240 

2020; Table S1) by explicitly including pH and carbonate dynamics (Sect. 2.2.1) and forcing the 241 

model with site-specific SWI conditions for these new variables (Table 1). We do not specifically 242 

fit the model to carbonate parameters (pH, DIC, CaCO3), but use the previously calibrated model 243 



manuscript submitted to Global Biogeochemical Cycles 

 

set-up to predict seafloor carbonate dynamics. The quality of the model fit to observed carbonate 244 

dynamics (Sect. 3.1) thus also offers independent validation for the previously simulated OM 245 

dynamics (Freitas et al., 2020). A detailed description of the RTM, including reaction network and 246 

boundary condition, can be found in Freitas et al. (2020). Here, we provide a brief description of 247 

the newly implemented pH and carbonate system framework, which explicitly resolves downcore 248 

evolutions of pH, DIC, and TA. For an overview of parameter values, see Table S1. 249 

 250 

2.2.1 pH and carbonate system 251 

Porewater pH (Equation 1), DIC (Equation 2), and TA (Equation 3) are defined as (Millero, 2000; 252 

Zeebe & Wolf-Gladrow, 2001): 253 

 254 

𝑝𝐻 = − log10 𝐻+                                                                                                                            (1)  255 

 256 

𝐷𝐼𝐶 =  𝐶𝑂2 + 𝐻𝐶𝑂3
− + 𝐶𝑂3

2−                                                                                                        (2) 257 

 258 

𝑇𝐴 = 𝐻𝐶𝑂3
− + 2 ∙ 𝐶𝑂3

2− + 𝐵(𝑂𝐻)4
− +  𝐻𝑆−                                                                                 (3) 259 

 260 

The species accounted in Equation 3 represent the major contributions to porewater TA in 261 

porewaters, whereas protons and hydroxyl ions are assumed to be negligible (Jourabchi et al., 262 

2005). Furthermore, bicarbonate (𝐻𝐶𝑂3
−), carbonate (𝐶𝑂3

2−), and borate (𝐵(𝑂𝐻)4
−) ions account 263 

for greater than 99% of TA (e.g., Zeebe & Wolf-Gladrow, 2001). 264 

 265 

We assume that calcite is the predominant form of 𝐶𝑎𝐶𝑂3 deposited in the Barents Sea sediments 266 

(see above; Sect. 2.1). Therefore, we utilize the apparent dissociation constant (𝐾𝑠𝑝
′ ) for calcite 267 

(Millero, 1995). The saturation state of calcium carbonates (Ω) is thus controlled by the solubility 268 

product for calcite and the apparent thermodynamic constant 𝐾𝑠𝑝
′

, which is a function of pressure, 269 

temperature, and salinity. 270 

 271 

Ω =
𝐶𝑎2+∙ 𝐶𝑂3

2−

𝐾𝑠𝑝
′                                                                                                                                   (4) 272 

 273 
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 𝐶𝑎2+ denotes the concentration of dissolved calcium (see Sect. 2.2.2). While we acknowledge 274 

that our analyses may underrepresent the contributions of aragonite and dolomite to the benthic 275 

pool of 𝐶𝑎𝐶𝑂3, we are confident that contribution of these minerals is minimal here based on 276 

literature data (e.g., Demina et al., 2020; Pautova et al., 2020; Solheim & Elverhoi, 1996). Calcite 277 

dissolution (Equation 5) and authigenic precipitation (Equation 6) are described by a kinetic-278 

thermodynamic rate law with a linear dependency on saturation state (e.g., Morse, 1983): 279 

 280 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 = 𝑘𝑑𝑖𝑠𝑠 ∙ (1 − Ω) ∙ 𝐶𝑎2+ ∙ 𝐶𝑂3
2−

                           if Ω < 1 281 

                                                                                                                                                       (5) 282 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 = 0                                                                         if Ω ≥ 1 283 

 284 

 285 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 = 𝑘𝑝𝑟𝑒𝑐 ∙  (Ω − 1) ∙ 𝐶𝑎2+ ∙ 𝐶𝑂3
2−                      if Ω ≥ 5 286 

                                                                                                                                                       (6) 287 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 = 0                                                                    if Ω < 5 288 

 289 

where the rate constants for calcite dissolution, 𝑘𝑑𝑖𝑠𝑠 and calcite precipitation 𝑘𝑝𝑟𝑒𝑐 , are taken 290 

from Luff et al. (2000). Our assumption of Ω ≥ 5 for calcite precipitation is based on experimental 291 

analyses (e.g., Morse et al., 2003; C. Zhang et al., 2010). These have shown that calcite 292 

precipitation rates increase at high Ω values due to greater availability of reactants (C. Zhang et 293 

al., 2010). 294 

 295 

2.2.2 Boundary conditions 296 

Boundary conditions at the SWI are constrained by species concentrations at steady state, while a 297 

no-flux condition is specified for all species at the lower boundary (100 cm depth) (for details see 298 

Freitas et al., 2020). We use observational data to define species concentrations at the SWI by 299 

applying identical boundary conditions to Freitas et al. (2020). Additionally, we adopt site-specific 300 

pH values at the SWI determined during a cruise in summer 2018. At stations B14⸻B17 (Table 1 301 

and S2), downcore porewater pH was determined onboard using a punch-in pH probe (Thermo 302 

Scientific Orion Star A329; accuracy 0.002 pH units), which was calibrated prior to measurements 303 
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at each site with standard solutions (pH 4.0, 7.0, and 10.0). The depth resolution is 0.5 cm between 304 

0 and 2 cm depth, and 1.0 cm between 2 and 10 cm depth. Since no data are available for B13, a 305 

pH value is prescribed for that site following initial sensitivity tests of initial pH values and CaCO3 306 

dissolution rates. We prescribe a TA of 2,350 µM for all sites (Table 1) based on the range of 307 

values previously determined by Hulth et al. (1996).  308 

 309 

Table 1. Site-specific model parameters prescribed to produce pH and carbonate system downcore 310 

evolution.  311 

   Bottom water  Sediment-water interface 

Site Lat Depth Temp Sal  pH TA CaCO3 Ca2+ 

 °N m °C    µM wt% mM 

B17 81.5 291 1.76 34.9  7.20 2,350 3.29 12.6 

B16 80.1 294 −1.44 34.7  7.44 2,350 3.88 12.0 

B15 78.2 330 −1.49 34.9  7.65 2,350 1.34 12.0 

B14 76.5 290 1.95 35.0  7.47 2,350 0.77 11.8 

B13 74.5 355 1.77 35.0  7.60 2,350 1.78 12.6 

 312 

 313 

Concentrations of 𝐻2𝐶𝑂3, 𝐻𝐶𝑂3
−, 𝐶𝑂3

2−, 𝐵(𝑂𝐻)3, and 𝐵(𝑂𝐻)4
− at the SWI were calculated based 314 

on initial pH and TA (Table 1), and corrected for temperature, salinity, and water depth, according 315 

to Millero (1995) (Equation 7–15): 316 

 317 

𝐷𝐼𝐶𝑢𝑝 =
(𝑇𝐴𝑢𝑝+𝑎)∙𝑏

𝑐
                                                                                                                          (7) 318 

 319 

𝑎 = −
𝑘𝑒𝑞4∙𝑇𝐵𝑢𝑝

𝐻++𝑘𝑒𝑞4
−

𝑘𝑒𝑞3∙𝑇𝑆𝑢𝑝

𝐻++𝑘𝑒𝑞3
−

𝑘𝑒𝑞5

𝐻+
+ 𝐻+                                                                                         (8) 320 

 321 

𝑏 = 1 +
𝑘𝑒𝑞1

𝐻+ +
𝑘𝑒𝑞1+𝑘𝑒𝑞2

(𝐻+)2                                                                                                                  (9) 322 

 323 

𝑐 =
𝑘𝑒𝑞1

𝐻+
+

2∙𝑘𝑒𝑞1∙𝑘𝑒𝑞2

(𝐻+)2
                                                                                                                     (10) 324 

 325 

where 𝑇𝐴𝑢𝑝 denotes TA given in Table 1. 𝐷𝐼𝐶𝑢𝑝, 𝑇𝐵𝑢𝑝, and 𝑇𝑆𝑢𝑝 represent SWI carbonate 326 

alkalinity, borate alkalinity, and sulfide alkalinity, respectively. We assume 𝑇𝐵𝑢𝑝 of 425 µM and 327 
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𝑇𝑆𝑢𝑝 equal zero. The equilibrium constants (𝑘𝑒𝑞1 to 𝑘𝑒𝑞5) are calculated according to Millero 328 

(1995). Thus, 329 

 330 

𝐶𝑂3
2− =  

𝑇𝐶𝑢𝑝∙𝑘𝑒𝑞1∙𝑘𝑒𝑞2

(𝑘𝑒𝑞1∙𝑘𝑒𝑞2)+(𝑘𝑒𝑞1∙𝐻+)+(𝐻+)2
                                                                                             (11) 331 

 332 

𝐻𝐶𝑂3
− =  

𝑇𝐶𝑢𝑝∙𝑘𝑒𝑞1∙𝐻+

(𝑘𝑒𝑞1∙𝑘𝑒𝑞2)+(𝑘𝑒𝑞1∙𝐻+)+(𝐻+)2
                                                                                            (12) 333 

 334 

𝐻2𝐶𝑂3 = 𝐷𝐼𝐶𝑢𝑝 − 𝐻𝐶𝑂3
− − 𝐶𝑂3

2−                                                                                              (13) 335 

 336 

𝐵(𝑂𝐻)4
+ =

𝑇𝐵𝑢𝑝∙𝐻+

𝑘𝑒𝑞4+𝐻+                                                                                                                       (14) 337 

 338 

𝐵(𝑂𝐻)3 = 𝑇𝐵𝑢𝑝 − 𝐵(𝑂𝐻)4
−                                                                                                        (15) 339 

 340 

Contents of 𝐶𝑎𝐶𝑂3 at the SWI are from Faust et al. (2020). Porewater Ca concentrations (here 341 

assumed to be 𝐶𝑎2+) are from cruise JR16006 (for details see Faust et al., 2020; Freitas et al., 342 

2020). 343 

 344 

2.2.3 Controls on pH and Ω 345 

We quantify the relative contributions of diagenetic reactions to changes in pH and Ω following 346 

Jourabchi et al. (2005) and Blouet et al. (2021). In short, the influence of each reaction on pH is 347 

governed by the mass action laws (Table S1) and fulfils the condition of electric neutrality:  348 

 349 

 
𝑑𝐻+

𝑑𝑡
|

𝑖
=  

𝑡𝑎
𝑖 −(𝜒1+2𝜒2)𝑡𝑐

𝑖 −𝑡𝑠
𝑖𝜎1

𝐴1
𝑅𝑖                                                                                                      (16) 350 

 351 

𝐴1 ≡ 𝐷𝐼𝐶
𝜕𝜒1

𝜕𝐻+ + 2𝐷𝐼𝐶
𝜕𝜒2

𝜕𝐻+ + 𝑇𝑆
𝜕𝜎1

𝜕𝐻+ + 𝑇𝐵
𝜕𝛽1

𝜕𝐻+ −
𝐾3

𝐻+2 − 1                                                              (17) 352 

 353 

Where 𝑡𝑎
𝑖 , 𝑡𝑐

𝑖  and 𝑡𝑠
𝑖  are the stoichiometric coefficients for the production or consumption of 354 

alkalinity, DIC and total sulfide, respectively, by a given kinetic reaction 𝑖, with rate 𝑅𝑖. The terms 355 
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𝜒1 and 𝜒2 are the relative contributions of 𝐻𝐶𝑂3
− and 𝐶𝑂3

2− to DIC, respectively, 𝛽1 is the relative 356 

contribution of 𝐵(𝑂𝐻)4
− to 𝑇𝐵, and 𝜎1 is the relative contribution of 𝐻𝑆− to 𝑇𝑆. 𝜒1, 𝜒2, 𝜎1, and 𝛽1 357 

are given by: 358 

 359 

𝐻𝐶𝑂3
− = 𝜒1𝐷𝐼𝐶  360 

𝐶𝑂3
2− = 𝜒2𝐷𝐼𝐶  361 

𝐶𝑂2 = 𝜒3𝐷𝐼𝐶  362 

𝐻𝑆− = 𝜎1𝑇𝑆                                                                                                                                   (18) 363 

𝐻2𝑆 = 𝜎2𝑇𝑆  364 

𝐵(𝑂𝐻)4
− = 𝛽1𝑇𝐵  365 

𝐵(𝑂𝐻)3 = 𝛽2𝑇𝐵  366 

 367 

and: 368 

 369 

𝜒1 ≡
𝐾1

∗𝐻+

𝐻+2
+𝐾1

∗𝐻++𝐾1
∗𝐾2

∗  370 

𝜒2 ≡ 𝜒1
𝐾2

∗

𝐻+  371 

𝜒3 ≡ 1 − 𝜒1 − 𝜒2  372 

𝜎1 ≡
𝐾4

∗

𝐾4
∗+𝐻+                                                                                                                                  (19) 373 

𝜎2 ≡ 1 − 𝜎1  374 

𝛽1 ≡
𝐾5

∗

𝐾5
∗+𝐻+  375 

𝛽2 ≡ 1 − 𝛽1  376 

 377 

Following Blouet et al. (2021) and Jourachi et al. (2005), the contribution of a given reaction to 378 

changes in saturation state with respect to calcite Ω (Equation 4) can be expressed as a function of 379 

their contribution to the production or consumption of calcium and carbonate ions:  380 

 381 

𝑑Ω

𝑑𝑡
|

𝑖
=

1

𝐾𝑠𝑝
′ [𝐶𝑂3

2− 𝑑𝐶𝑎2+

𝑑𝑡
|

𝑖
+ 𝐶𝑎2+ 𝑑𝐶𝑂3

2−

𝑑𝑡
|

𝑖
]                                                                                    (20) 382 

 383 
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The production or consumption of calcium and carbonate ions can then be expressed as a function 384 

of the previously derived rate of change in proton concentrations (Equation 16): 385 

 386 

𝑑Ω

𝑑𝑡
|

𝑖
=

1

𝐾𝑠𝑝
′ [𝐶𝑂3

2− 𝑑𝐶𝑎2+

𝑑𝑡
|

𝑖
+ 𝐶𝑎2+ (𝑡𝑐

𝑖 𝜒2𝑅𝑖 + 𝑇𝐶
𝜕𝜒2

𝜕𝐻+

𝑑𝐻+

𝑑𝑡
|

𝑖
)]                                                       (21) 387 

 388 

Note that since only calcite dissolution and precipitation impact the concentrations of 𝐶𝑎2+,  
𝑑𝐶𝑎2+

𝑑𝑡
 389 

is zero for all other reactions. 390 

 391 

2.2.4 Benthic-pelagic fluxes of DIC and alkalinity 392 

Steady-state benthic fluxes of DIC (𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙) and TA (𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙) across the SWI are calculated 393 

based on depth-integrated reaction rates contributing to those fluxes (e.g., Krumins et al., 2013; 394 

Table S1): 395 

 396 

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 = 𝐽𝐷𝐼𝐶,𝑂𝑀 + 𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 + 𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐                                                                                  (22) 397 

 398 

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 = 𝐽𝑇𝐴,𝑂𝑀 + 𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 + 𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 + 𝐽𝑇𝐴,𝐻2𝑆 + 𝐽𝑇𝐴,𝐹𝑒2+ + 𝐽𝑇𝐴,𝑀𝑛2+ + 𝐽𝑇𝐴,𝑁𝐻4                   (23) 399 

 400 

where the subscript terms OM, Diss, Prec, H2S, Fe2+, Mn2+, and NH4 correspond to OM 401 

degradation (primary redox reactions), dissolution (calcite and iron sulfide), precipitation of 402 

carbonates (calcium, manganese, and iron) and pyrite, sulfide oxidation, iron oxidation, 403 

manganese oxidation, and ammonium oxidation, respectively. The relative contributions of each 404 

process to DIC and TA fluxes (i.e., stoichiometry and direction – consumption vs. production) are 405 

given in Table S1. This approach allows assessing the relative significance of each biogeochemical 406 

process producing and consuming DIC and TA to the total SWI flux, and therefore estimating the 407 

impacts of specific diagenetic processes on carbonate dynamics at the seafloor. 408 

 409 

2.2.5 Sensitivity analyses 410 

Because it is unclear how carbonate chemistry of bottom waters effectively impacts benthic fluxes 411 

of DIC and TA (e.g., Gazeau et al., 2014), we performed a parameter sensitivity study to explore 412 
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the response of benthic carbonate fluxes to poorly constrained bottom water pH, DIC and TA, as 413 

well as to projected future change. We cover a pH interval of 7.0⸻8.0, which is representative of 414 

pH values for the western Barents Sea shelf region (e.g., Husum et al., 2020; Kostka et al., 1999; 415 

Tessin et al., 2020; this study). Similarly, we explore a TA range of 2,000⸻2,700 µM, which is 416 

representative for bottom waters and surface sediments of the Barents Sea and Svalbard shelves 417 

(Hulth et al., 1996), as well as for the East Siberian Shelf (Miller et al., 2017). All other site-418 

specific model parameters and boundary conditions follow baseline values (Freitas et al., 2020).  419 

 420 

We also explore how the effect of changes in input fluxes at the SWI may impact carbonate 421 

dynamics at the seafloor. We simulate an overall doubling in sedimentation rates at all sites relative 422 

to baseline conditions. Additionally, we test how individual fluctuations of OM, calcite, and metal 423 

oxide inputs impact rates of dissolution and precipitation, as well as benthic fluxes of DIC and TA. 424 

Here, we prescribe both a halving and a doubling of inputs relative to baseline conditions.  425 

 426 

3 Results and Discussion 427 

3.1 Inorganic carbon and pH dynamics along the Barents Sea 30°E south-north transect 428 

Overall, our model results agree well with the observed downcore evolution of measured pH 429 

values, as well as 𝐶𝑎𝐶𝑂3 contents and porewater 𝐶𝑎2+ concentrations (Figure 3). Slight 430 

mismatches between observed and simulated 𝐶𝑎2+ concentrations at site B13 and B17 most likely 431 

result from a slight underestimation of carbonate dissolution rates. Especially at site B13, where 432 

bottom water pH has not been measured, lower pH than the one applied might drive a more intense 433 

carbonate dissolution in the upper layer.  434 

 435 

Observations and simulation results reveal a common pattern in benthic carbonate dynamics. 436 

Across the entire transect, the upper, well mixed sediment layers (<5 cm depth) are characterized 437 

by low pH and undersaturation of porewaters with respect to calcite, followed by an increase in 438 

porewater pH and calcite oversaturation deeper in the sediments. However, the levels of porewater 439 

over- and undersaturation, and thus carbonate dissolution and precipitation rates reveal a 440 

geographical trend, with decreasing rates from north to south.  441 

 442 



manuscript submitted to Global Biogeochemical Cycles 

 

 443 

 444 

Figure 3. Evolution of pH and carbonate system parameters with sediment depth (in cm) along a 445 

30°E transect in the Barents Sea. Blue lines represent model outputs. Black line on 𝐶𝑂3
2− denotes 446 

carbonate ions equilibrium. Black and red lines on Ω panels denote calcium carbonate saturation 447 

(Ω = 1) and saturation threshold (Ω ≥ 5), respectively. Green circles represent observations (see 448 

text for references). 449 

 450 

At the northern part of the transect (B16⸻B17), bottom waters are characterized by low pH (pH 451 

< 7.45) and undersaturation with respect to calcite (Ω = 0.48⸻0.68). The shallowest sediment 452 

layers reveal high carbonate dissolution rates (Equation 5; 𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 > 25 µmol cm−2 yr−1 at the 453 

SWI) which coincide with an increase in 𝐶𝑎2+ concentrations and a decrease in CaCO3 contents 454 

close to the SWI (Figure 3). At the southern part of the transect (B13⸻B15), bottom water pH 455 

(pH > 7.45) and saturation state (Ω ≈ 1) are higher, but benthic carbonate contents are lower than 456 
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in the northern part stations (Figure 3). Consequently, upper sediment carbonate dissolution is 457 

approximately 10-fold lower.  458 

 459 

The S⸻N trend in the intensity of porewater undersaturation and dissolution rates is mirrored by 460 

the intensity of porewater oversaturation and carbonate precipitation rates below the well-mixed 461 

layer. At the northern part of the transect (B16⸻B17), porewater pH and Ω increase downwards 462 

to broad mid-core (10⸻20 cm) maxima of pH > 8.0 and Ω > 5, while the southern part of the 463 

transect (B13⸻B14) reveals increasingly lower and more localized mid-depth (5⸻20 cm) pH and 464 

Ω maxima of pH = 7.4⸻7.6 and Ω = 1.0⸻1.7. At the southernmost station (B13), porewater pH 465 

decreases from 7.6 at the SWI with only a very weakly pronounced and very narrow reversal 466 

around 2 cm depth (Figure 3). Porewater calcite saturation thus remains relatively constant, close 467 

to unsaturated conditions throughout the simulated sediment column due to a near-complete 468 

consumption (i.e., dissolution) of the low sediment carbonate contents and the resulting decrease 469 

in buffering capacity. Thus, unfavorable conditions for carbonate precipitation prevail, which 470 

could explain the mismatch between model results and analytical data for 𝐶𝑎2+.  471 

 472 

Rates of authigenic carbonate precipitation are two orders of magnitude lower than those of 473 

dissolution; therefore, model-derived authigenic carbonate precipitation only modestly affects 474 

𝐶𝑎2+ and 𝐶𝑎𝐶𝑂3 contents at depth. We assess the impact of the Ω threshold on precipitation, and 475 

thus precipitation rates, on simulated benthic profiles by assuming a threshold of Ω ≥ 1 for 476 

authigenic precipitation (Figure S1). Although these test results lead to a significant increase in 477 

precipitation, they also produce further mismatches between model and data depth profiles (Figure 478 

S1). Thus, we maintain our relatively conservative threshold of Ω ≥ 5 (Sect. 2.2.1) for authigenic 479 

carbonate precipitation. 480 

 481 

3.2 Main drivers of inorganic carbon and pH dynamics along the Barents Sea 30°E 482 

transect 483 

Within the upper, well-mixed sediment layers (< 5 cm), pH and Ω dynamics are mainly driven by 484 

the balance between aerobic degradation of OM and calcite (Figure 4 and 5). At the northern sites 485 

(B16⸻B17), intense aerobic OM degradation supports high rates of proton production (1⸻2 µmol 486 

H+ cm−3 (porewater) yr−1; Figure 4). The resulting decrease in pH and porewater Ω is 487 
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counterbalanced by the dissolution of calcium carbonate (Figure 5). Because bottom waters are 488 

corrosive (pH < 7.45; Ω < 1) and calcite contents are not limiting (CaCO3 > 3 wt%) in this part of 489 

the Barents Sea (Faust et al., 2020), the positive effect of dissolution rates on pH and Ω exceeds 490 

the negative effect of aerobic OM degradation (Figure 5). In contrast, at the southernmost sites 491 

(B13⸻B15), higher bottom water pH (pH > 7.45) and a saturation of bottom waters with respect 492 

to calcium carbonate (Ω ≈ 1) in combination with lower carbonate contents (CaCO3 < 2 wt%) 493 

(Faust et al., 2020) limit the influence of carbonate dissolution on pH and Ω. Consequently, aerobic 494 

OM degradation drives an initial decrease in pH and Ω from bottom water values to a local 495 

minimum just below the SWI (Figure 4 and 5). Because the apparent OM reactivity, and thus the 496 

OM degradation rate is lowest at site B15 (Freitas et al., 2020), the effect of aerobic OM 497 

degradation rates on pH and Ω is lowest. 498 

 499 

 Below the mixed layer (5⸻10 cm), metal oxide (𝑀𝑛𝑂2 and 𝐹𝑒(𝑂𝐻)3) reduction exerts an 500 

important control on pH and Ω. Often in combination with the oxidation of sulfide by iron 501 

(oxyhydr)oxides, the metal oxidation pathways consume 𝐻+ (with maxima rates of −1.0⸻−0.5 502 

µmol cm−3 yr−1 of 𝐻+), thus increasing pH values (Figure 4). These processes produce local pH 503 

maxima and drive porewaters to oversaturation. The impacts of metal oxide pathways on both pH 504 

and Ω are largest at sites B13, B14, B16, and B17, where OM degradation rates are highest. At 505 

site B15, sulfide oxidation by iron (oxyhydr)oxides also drives pH and Ω maxima; however, the 506 

rates of change are comparatively lower in this station due to generally lower rates of OM 507 

degradation (Figure 2; Freitas et al., 2020). At the northern sites, positive changes in Ω are 508 

sufficiently large to enable authigenic carbonate precipitation (Ω > 5) at 25⸻40 cm (Figure 3 and 509 

5). By contrast, reoxidation of 𝑀𝑛2+ and 𝐹𝑒2+ by 𝑂2 results in intense proton production at B17, 510 

resulting in a subsurface negative shift in Ω (−0.02 yr−1). Nevertheless, 𝐻+ increase is buffered by 511 

proton consumption yielded by calcite dissolution and metal oxides reduction.  512 

 513 

In deeper sediment layers (>10 cm), authigenic precipitation of carbonate minerals (𝑀𝑛𝐶𝑂3, 514 

𝐹𝑒𝐶𝑂3, and 𝐶𝑎𝐶𝑂3) results in proton production, and thus a drop in pH (Jourabchi et al., 2005; 515 

Soetaert et al., 2007). Consequently, Ω also decreases in response to authigenic precipitation. 516 

However, because process rates are 1⸻2 orders of magnitude slower than those of the processes 517 

outlined above, authigenic carbonate precipitation only represents a minor control on pH and Ω 518 
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within the investigated sediment depths, and total amounts of authigenic carbonate are likely 519 

negligible. OSR and nitrification further drive negative changes in Ω. However, the effect these 520 

processes in Ω shifts are of relatively minor importance.  521 

 522 

 523 

Figure 4. Biogeochemical processes controlling sedimentary evolution of pH with depth. Note 524 

that rates of proton production (consumption) (Equation 16) result in a decrease (increase) in 525 

porewater pH (Blouet et al., 2021). Also note different x-axis scales in B15 (middle row). 526 

 527 
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 528 

Figure 5. Biogeochemical processes controlling sedimentary evolution of Ω with depth. Note 529 

different x-axis scales in B15 (middle row). 530 

 531 

Model results thus reveal that benthic carbonate dynamics are mainly controlled by a combination 532 

of bottom water conditions (pH, Ω, and calcite availability) and OM degradation within the 533 

sediment. At the northern sites, higher surface ocean pH values >8.1 that only weakly decrease to 534 

8.0 in waters deeper than 300 m (Jones et al., 2019) favor CaCO3 export through the water column 535 

to the seafloor, resulting in the relatively high CaCO3 contents preserved in those sediments (Faust 536 

et al., 2020). By contrast, the deposition of highly reactive OM supports high OM degradation 537 
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rates in the upper sediment layers, driving low pH conditions in both bottom waters (Steinsund & 538 

Hald, 1994) and sediment layers directly below the SWI (pH = 7.45⸻7.65; Freitas et al., 2020). 539 

The resulting metabolic dissolution of the deposited CaCO3 results in efficient pH buffering and 540 

an increase in Ω, which is further promoted by metal oxide pathways (e.g., Jourabchi et al., 2005; 541 

Soetaert et al., 2007). These processes enable deeper authigenic carbonate precipitation at the 542 

northern sites. In contrast, at the southern-central parts of the transect, lower carbonate contents at 543 

the seafloor (Faust et al., 2020) in combination with equally high rates of (aerobic) OM degradation 544 

(Freitas et al., 2020) (except for site B15) result in lower porewaters and bottom water pH at the 545 

SWI (pH < 7.45). Since calcite availability limits calcite dissolution (Figure 3), seafloor buffering 546 

capacity of porewaters never reaches saturation states that would allow for authigenic precipitation 547 

(Ω > 5). Therefore, results indicate that oceanographic conditions (e.g., Oziel et al., 2016) alone 548 

cannot directly account for the observed porewater trends. 549 

 550 

3.3 Benthic DIC and alkalinity fluxes 551 

Net benthic DIC fluxes from the sediment into the overlying water column range from 12.5 to 59.5 552 

µmol cm−2 yr−1 and display a clear S⸻N difference (Figure 6). Relatively lower 𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 are 553 

calculated for the southern-central sites (B13⸻B15), while higher DIC effluxes are quantified at 554 

the northern B16⸻B17 areas (𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 > 50 µmol cm−2 yr−1). At B13⸻B15, DIC fluxes are 555 

predominantly supported by heterotrophic OM degradation (mostly aerobic OM degradation and 556 

OSR; Figure S2), while at the northern areas, calcite dissolution further enhances the OM 557 

degradation-driven DIC flux and supports nearly one-third of 𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙  (𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 = 20.1⸻21.9 558 

µmol cm−2 yr−1). At B16—B17, authigenic carbonate precipitation deeper in the sediments acts as 559 

a DIC sink (𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐 = −3.8⸻−6.8 µmol DIC cm−2 yr−1) where Ω > 5 (Figure 2 and 4) enables 560 

authigenic calcium carbonate precipitation, but this only exerts a small effect on DIC fluxes. 561 

Overall, benthic DIC production at the Barents Sea shelf sediments (ca. 300 m depth) is one order 562 

of magnitude lower than DIC production predicted for low latitude, shallow shelf (25⸻150 m 563 

depth) environments at a global scale (Krumins et al., 2013). Such difference is likely associated 564 

with the strongly seasonal and limited input of reactive OM to the Barents Sea seafloor (Morata & 565 

Renaud, 2008; Reigstad et al., 2008; Wassmann et al., 2004) as compared to the more continuous 566 

input of comparably reactive OM in other coastal settings that fuel consistently higher OM 567 

degradation rates. For instance, Krumins et al. (2013) assume large fluxes (2.32⸻6.46 mol C m−2 568 



manuscript submitted to Global Biogeochemical Cycles 

 

yr−1) of highly reactive OM (first order degradation rate, 𝑘 = 0.1⸻1.0 yr−1) for coastal shelf 569 

sediments, whose degradation supports a large DIC production within the sediment.  570 

 571 

 572 

Figure 6. Benthic effluxes of alkalinity (top row) and DIC (bottom row) derived from 573 

representative scenarios for Barents Sea. Fluxes are given as total net fluxes across the SWI 574 

(positive at all sites), and these are further partitioned by the contribution of each diagenetic 575 

process to production (positive values) and consumption (negative values) of alkalinity and DIC. 576 

 577 

Net TA benthic fluxes mirror the simulated DIC pattern (Figure 6), i.e., with higher 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 at the 578 

northern sites (𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 = 51.1⸻63.2 µmol cm−2 yr−1) than in the southern areas (𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 = 579 

11.3⸻30.4 µmol cm−2 yr−1).  At B13⸻B15, heterotrophic OM degradation represents the main 580 

source of alkalinity (predominantly from OSR; Figure S2). Additionally, calcite dissolution and 581 

sulfide oxidation by iron (oxyhydr)oxides further add to the TA pool. By contrast, carbonate and 582 

pyrite precipitation as well as aerobic iron oxidation only consume minor amounts of TA. At the 583 

northern sites, calcite dissolution plays a much larger role in producing alkalinity (𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 = 584 

40.1⸻43.9 µmol cm−2 yr−1). At B17, calcite dissolution nearly contributes as much as OM 585 

degradation to the TA production/flux; while at B16, the contribution of calcite dissolution to the 586 
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TA production/flux is 2-fold higher than OM degradation. Additionally, sulfide oxidation (by iron 587 

(oxyhydr)oxides) becomes more important for TA production (𝐽𝑇𝐴,𝐻2𝑆 = 12.6⸻19.2 µmol cm−2 588 

yr−1). In contrast, mineral precipitation (𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 = −9.0—−14.2 µmol cm−2 yr−1) and aerobic 589 

oxidation of dissolved manganese, iron, and ammonium (𝐽𝑇𝐴,𝑀𝑛2+ + 𝐽𝑇𝐴,𝐹𝑒2+ + 𝐽𝑇𝐴,𝑁𝐻4 = 590 

−13.5⸻−32.8 µmol cm−2 yr−1) consumes large amounts of porewater alkalinity due to the higher 591 

relative contribution of these biogeochemical processes than at the southern sites. Site B17 (and 592 

B16 to a lesser extent) displays high rates of OM degradation (Figure 2), of which nearly half is 593 

coupled to 𝑀𝑛𝑂2 reduction and OSR, resulting in high production rates of 𝑀𝑛2+ and 𝐻𝑆−. Here, 594 

sulfide oxidation is mostly coupled to iron (oxyhydr)oxide reduction, which produces 𝐹𝑒2+. 595 

Further, the product 𝑀𝑛2+ and 𝐹𝑒2+ are oxidized by oxygen (Freitas et al., 2020). 596 

 597 

Generally, simulated 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 falls at the lower end of globally observed values (Table 2). 598 

However, global seafloor TA fluxes are highly variable due to factors that include the nature of 599 

the OM input, redox conditions in overlying waters and below the seafloor, and depositional rates. 600 

Additionally, methodologies vary, with in situ benthic chamber incubations being the most 601 

common way of deriving these fluxes (Table 2). Therefore, establishing meaningful comparisons 602 

with our estimates must be done with a certain degree of caution to account for these factors. 603 

Overall, our estimated net 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 values are similar to TA fluxes determined in the deep 604 

Equatorial Pacific, where overlying waters are highly productive (Berelson et al., 1990, 1994), and 605 

the Equatorial North Atlantic, where sedimentary carbonate contents are generally high (Jahnke & 606 

Jahnke, 2004). Additionally, they are broadly consistent with shelf and slope settings found along 607 

the California margin (Berelson et al., 1987; Jahnke et al., 1997) and the Gulf of Mexico shelf/slope 608 

(Berelson et al., 2019). These are deep areas (> 790 m) located within highly productive system 609 

and exposed to pelagic hypoxic conditions, thus experiencing acidification. Similar order of 610 

magnitude TA fluxes are also reported for shallow parts of the California margin (Monterey Bay 611 

– 100 m depth) experiencing periods of lowered pelagic productivity, thus decreased OM 612 

degradation rates and sediment nutrient efflux (Berelson et al., 2003). By contrast, our 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 613 

estimates are one order of magnitude lower than model-derived, global values for coastal and shelf 614 

sediments (Krumins et al., 2013), likely due to the seasonal character of reactive OM input, which 615 

is strongly attenuated during settling in the water column (e.g., Reigstad et al., 2008; Wassmann 616 

et al., 2004). Furthermore, 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 values for the Barents Sea are significantly lower than TA 617 
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fluxes at coastal environments, such as the Rhone delta, where anaerobic oxidation of methane 618 

results in high TA production (Rassmann et al., 2020), as well as at estuarine systems in SW Spain 619 

(Forja et al., 2004) and the coast of the Gulf of Mexico (Berelson et al., 2019). These areas are 620 

heavily influenced by terrestrial and fluvial OM inputs and experience various degrees of 621 

anthropogenic impact.  622 

 623 

Table 2. Compilation of benthic TA fluxes across contrasting marine systems. 624 

Site Setting 
Depth 

(m) 

OM input TOC 

(wt%) 
Type 𝑱𝑻𝑨 Unit Reference 

Barents Sea Shelf 
290—

355 
Pelagic 

a 1.8—

2.5 

Model 

(Steady 

state) 

11.3—

63.2 

µmol 

cm−2 

yr−1 

This study 

 
a (Freitas et 

al., 2020) 

Global 
Coast—

Shelf 

25—

150 
Pelagic 

0.3—

0.7 

Model 

(Steady 

state) 

200.7—

616.8 

µeq 

cm−2 

yr−1 

(Krumins et 

al., 2013) 

Equatorial 

Pacific 
Abys 

4,450—

4,910 
Pelagic 

b 0.5—

1.0 

Chamber 

(total) 

−13.9—

36.7 

µeq 

cm−2 

yr−1 

(Berelson et 

al., 1990) 

 
b (Jahnke et 

al., 1982)  

Equatorial 

Pacific 
Abys 

3,380—

4,560 
Pelagic 

c 0.2—

1.0 

Chamber 

(total) 

13.5—

47.8 

µeq 

cm−2 

yr−1 

(Berelson et 

al., 1994) 

 
c (Hammond 

et al., 1996)  

Cape Verde 

Plateau 
Abys 3,103 Pelagic n.a. 

Chamber 

(total) 

−1.0—

11.0 
µeq 

cm−2 

yr−1 

(Jahnke & 

Jahnke, 

2004) Ceara Rise Abys 
3,272—

4,676 
Pelagic n.a. 

−12.9—

23.6 

North 

Carolina 

depocenter 

Slope 
750—

2,937 

Pelagic and 

lateral 

transport 

1.4—

2.7 

Chamber 

(total) 

43.3—

392.3 

µeq 

cm−2 

yr−1 

(Jahnke & 

Jahnke, 

2000) 

California 

margin 
Slope 

790—

3,745 

d Pelagic and 

episodic 

lateral 

transport 

2.9—

3.5 

Chamber 

(total) 

54.7—

113.2 

µeq 

cm−2 

yr−1 

(Jahnke et 

al., 1997) 

 
d (Jahnke et 

al., 1990) 

Southern 

California 
Shelf 

900—

1,800 

Pelagic and 

episodic 

lateral 

transport 

3.5—

6.0 

Chamber 

(total) 

61.7—

68.3 

µeq 

cm−2 

yr−1 

(Berelson et 

al., 1987) 

Monterey 

Bay – 

California 

Shelf 100 
Pelagic 

(upwelling) 

0.4—

0.5 

Chamber 

(total) 

74.8—

333.2 

µeq 

cm−2 

yr−1 

(Berelson et 

al., 2003) 

Gulf of 

Mexico 

Coast 16—30 

e Mixed 

pelagic and 

terrestrial 

d 1.5—

1.7 Chamber 

(total) 

240.9—

2,701 
µeq 

cm−2 

yr−1 

(Berelson et 

al., 2019) 

 Shelf—

Slope 

130—

1.550 

f Mainly 

pelagic 

e 0.8—

1.3 

69.4—

219.0  
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e Minor 

terrestrial 

e (Waterson 

& Canuel, 

2008) 

 
f (Morse & 

Beazley, 

2008) 

Rhone delta 
Coast—

Shelf 
20—72 

Mixed pelagic 

and terrestrial 

1.3—

2.0 

Chamber 

(total) 

135.1—

2,697 

µmol 

cm−2 

yr−1 

(Rassmann et 

al., 2020) 

Tomales 

Bay – 

California 

Estuary 3—6 
Pelagic with 

terrestrial 
n.a. 

Chamber 

(total) 

138.7—

521.9 

µeq 

cm−2 

yr−1 

(Smith et al., 

1987) 

 

(Dollar et al., 

1991) 

Tinto—

Odiel 

System 

Estuary 2—5 

Mainly 

terrestrial (inc. 

anthropogenic) 

and aquatic 

1.1—

2.4 

Chamber 

(total) 

−10,004—

12,592 

µmol 

cm−2 

yr−1 

(Ortega et 

al., 2008) 

Ria de Vigo 

Estuary 

4—20 

Mainly 

terrestrial (inc. 

anthropogenic) 

and aquatic 

2.9—

6.9 

Chamber 

(total) 

4,307—

7,516 

µmol 

cm−2 

yr−1 

(Forja et al., 

2004) 

Bay of Cadiz 2—14 
2.0—

2.9 

3,869—

5,329 

Odiel 

Estuary 
3—8 

1.9—

4.2 

3,613—

5,073 

Barbete 

Estuary 
3 1.7 4,854 

Palmones 

Estuary 
2—5 

0.9—

3.4 

3,577—

4,964 

n.a.: data not available. 625 

 626 

3.3 Sensitivity of seafloor carbonate dynamics to varying environmental conditions 627 

Since projected changes in sea-ice and progressive Atlantification (Årthun et al., 2012; Barton et 628 

al., 2018; Carmack & Wassmann, 2006; Oziel et al., 2020; Smedsrud et al., 2013) may represent 629 

further stressors for seafloor inorganic carbon dynamics, we developed a series of sensitivity 630 

experiments (Sect. 2.2.5) to explore the sensitivity of seafloor DIC and TA fluxes to possible 631 

fluctuations in environmental conditions. These are not specific projected scenarios for the Barents 632 

Sea but are designed to illustrate the potential mechanistic response of the carbonate system in the 633 

Barents Sea seafloor to changes in environmental conditions. 634 

 635 

3.3.1 Bottom water pH and alkalinity 636 

Despite the plausible range of bottom water TA explored here (e.g., Hulth et al., 1996; Miller et 637 

al., 2017), we see that the impact on both TA and DIC fluxes (Figure 7) is generally low (the 638 
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isolines are nearly vertical), thus indicating negligible changes regarding bottom water TA within 639 

the explored interval. By contrast, along the studied range of pH conditions, we observe far more 640 

prominent changes in benthic TA and DIC effluxes. Generally, at pH = 7.0, where more corrosive 641 

bottom water conditions prevail, both TA and DIC fluxes are greatest and could reach nearly 100 642 

µmol cm−2 yr−1 at the northern sites. These trends in 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 and 𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 are further supported 643 

by changes in Ω at the SWI (Figure 7). Saturation state largely falls below one at bottom water pH 644 

< 7.6, although this threshold gradually shifts to pH < 7.5 at greater bottom water total alkalinity 645 

(TA > 2,600 µM). 646 

 647 

 648 

Figure 7. Sensitivity of carbonate chemistry parameters at the seafloor relative to changes in 649 

bottom water pH (horizontal axis) and total alkalinity (vertical axis): top row, benthic alkalinity 650 

effluxes (𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙); middle row, benthic DIC effluxes (𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙); bottom row, Ω at the SWI. 651 

 652 

Our model results highlight the role of bottom water pH in further promoting shallow calcium 653 

carbonate dissolution and supporting higher DIC and TA fluxes. They agree with laboratory-based 654 

experiments which show that low bottom water pH conditions (pH = 7.1) produce large TA 655 

effluxes (Gazeau et al., 2014), and field observations that suggest bottom water pH < 7.3 promote 656 
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carbonate dissolution at the SWI (Kostka et al., 1999). At pH = 8.0, net effluxes generally decrease, 657 

but are higher at high bottom water alkalinity (TA > 2,350 µM).  658 

 659 

3.3.2 Particulate export to the seafloor 660 

Although bottom water pH values exert an important influence on the carbonate dynamics, our 661 

model results also show that additional environmental conditions such as OM, calcite, and metal 662 

oxide contents (Sect. 3.2.2) exert further controls on TA and DIC benthic fluxes along the Barents 663 

Sea transect. Thus, we explore how fluctuations of export fluxes to the seafloor may impact 664 

carbonate dynamics (Figure 8 and S2; Table S3⸻S7).  665 

 666 

Generally, doubling the sedimentation rates lead to an increase in rates of authigenic precipitation 667 

at all sites (Figure 8). However, the magnitudes of these increases differ along the transect. At 668 

B13⸻B15, precipitation rates increase 2⸻3-fold relative to baseline conditions, whereas at 669 

B16⸻B17 rates are 4⸻5-fold higher. Results show that higher sedimentation rates trigger a shift 670 

in metabolic pathways of OM degradation, such that the relative contribution of aerobic OM 671 

degradation decreases (Table S3⸻S7). This decrease is compensated by increases in metal oxide 672 

and OSR contributions, which particularly at B15⸻B17 leads to an increase in Ω. Consequently, 673 

rates of calcite dissolution slightly decrease, while rates of precipitation significantly increase. 674 

Except for B13, these changes do not translate into important changes in 𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 and 𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙. 675 

At B13, fluxes increase due to enhanced DIC and TA production by OM degradation and further 676 

TA production by sulfide oxidation, which are not offset by limited authigenic carbonate 677 

precipitation. 678 

 679 

These findings show that changes in OM inputs exert an important influence on carbonate 680 

precipitation, and to a lesser extent on dissolution. The latter slightly increases with lower TOC 681 

contents at the northern sites. Further, reducing the TOC input to half its baseline value 682 

significantly reduces precipitation rates. Lower TOC contents allow a deepening of the oxic layer 683 

into the sediments, preventing pH buffering by metal oxide pathways due to generally lower OM 684 

degradation rates. Conversely, doubling TOC input leads to a 2⸻5-fold increase in carbonate 685 

precipitation rates at sites B14, B16, B17 relative to baseline conditions. Like the impacts of 686 

doubling sedimentation rates, a doubling in TOC results in an overall shift from aerobic to 687 
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anaerobic OM degradation, thus promoting Ω oversaturation. Since greater input of OM leads to 688 

greater degradation rates (e.g., Freitas et al., 2021), there is an increase in DIC production, and 689 

thus benthic fluxes also generally increase despite the DIC sink by authigenic precipitation. 690 

 691 

 692 

Figure 8. Sensitivity of seafloor carbonate chemistry parameters to changes in sedimentation rates 693 

(doubling) and OM inputs (halving and doubling). Left column: rates of dissolution (blue) and 694 

precipitation (green). Middle column: benthic fluxes of DIC (brown) and TA (orange). Right 695 

column: buffering capacity (grey). 696 

 697 
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 698 

Changes in either metal oxide or calcite inputs to the seafloor exert relatively minor impacts on 699 

carbonate dynamics (Figure S2; Table S3⸻S7). Doubling metal oxide inputs alone results in 700 

relatively minor increases in rates of precipitation due to positive impacts on Ω. An increase 701 

(decrease) in calcite inputs marginally triggers an increase (decrease) in dissolution rates. These 702 

impacts are more pronounced at B16⸻B17, which reflects the influence of higher 𝐶𝑎𝐶𝑂3 703 

sedimentary contents at these sites (Faust et al., 2020). 704 

 705 

Overall, our analyses do not reveal large changes in the TA/DIC ratios (Figure 8 and S2; Table 706 

S3⸻S7). These are systematically ≤ 1 showing limit changes in sediments buffering capacity 707 

against bottom water acidification (e.g., Rabouille et al., 2021). However, we see that doubling 708 

sedimentation rates and TOC (Figure 8), especially at B14, results in TA/DIC > 1 due to increased 709 

TA alkalinity production by metal oxide pathways, which could locally act as an OA buffer for 710 

bottom waters. 711 

 712 

4 Conclusions and Implications for a changing Arctic Ocean 713 

Our integrated model approach illustrates the systematic links between inorganic carbon dynamics 714 

at the Barents Sea seafloor and benthic OM degradation processes. Further, our analyses show the 715 

important role of bottom water conditions in shaping seafloor carbonate chemistry. Importantly, 716 

we identify a marked S⸻N pattern along the Barents Sea 30 °E transect which is defined by the 717 

depth evolutions of pH and carbonate saturation state in porewaters, and by benthic fluxes of DIC 718 

and alkalinity. Generally, aerobic OM degradation leads to pH and Ω decreases in the uppermost 719 

sediment layers across the transect. In the northern stations (B16⸻B17), pH and Ω are buffered 720 

by calcite dissolution and metal oxide reductive pathways, which enables authigenic carbonate 721 

precipitation in deeper sediment layers. These sites are also characterized by high benthic fluxes 722 

of DIC and TA. Conversely, pH and Ω subsurface buffering is limited in the southern-central sites 723 

(B13⸻B15) and DIC and TA fluxes are 2⸻3-fold lower. This geographical pattern is strongly 724 

shaped by seafloor calcite contents, which are greater at the northern sites (Faust et al., 2020 and 725 

references therein), and paralleled by the prevailing water mass and sea-ice gradients along the 726 

Barents Sea shelf (e.g., Carmack & Wassmann, 2006). Additionally, our results show that 727 

variations in bottom water pH and in OM inputs further impact inorganic carbon dynamics at the 728 
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seafloor. When bottom water pH < 7.5, we see a marked increase in DIC and TA benthic fluxes, 729 

which is driven by shallow carbonate dissolution. Conversely, we find that enhanced input of OM 730 

to the seafloor produces a large increase in carbonate authigenic precipitation, whose impact on 731 

benthic fluxes are offset by overall higher production of DIC and TA by OM degradation.  732 

 733 

We show systematic links between plausible environmental changes associated to sea-ice loss, 734 

Atlantification, and OA and the expected responses of seafloor inorganic carbon dynamics, which 735 

are critical because of ongoing changes experienced by the Barents Sea (Årthun et al., 2012; Barton 736 

et al., 2018; Oziel et al., 2020; Smedsrud et al., 2013) that are, however, common to the Arctic 737 

Ocean in its entirety (Lewis et al., 2020; Luo et al., 2016; Terhaar et al., 2019, 2020; Y. Zhang et 738 

al., 2020). For instance, projected shoaling of carbonate compensation depths (Luo et al., 2016) 739 

triggered by acidification of the Arctic Ocean will result in marked increase in shallow carbonate 740 

dissolution and greater benthic fluxes of DIC and TA (Gazeau et al., 2014), at least where seafloor 741 

carbonate contents are capable of sustaining such processes at the expense of PIC burial (Hulth et 742 

al., 1994; Steinsund & Hald, 1994). Furthermore, changes in pelagic productivity by 743 

Atlantification and/or sea-ice loss (Lewis et al., 2020; Oziel et al., 2020) may shift OM export to 744 

the seafloor, thus changing how OM degradation processes control inorganic carbon dynamics 745 

within sediments. Such links are crucial for the development of a mechanistic understanding of 746 

seafloor carbonate chemistry on the entire Barents Sea shelf. Further, it helps with the development 747 

of an informed Pan-Arctic picture of processes governing pH and Ω, as well as carbonate burial 748 

and feedbacks to bottom waters for the near future (e.g., end of century), which would complement 749 

currently available pelagic assessments (Bindoff et al., 2019; Luo et al., 2016; Meredith et al., 750 

2019; Terhaar et al., 2019, 2020).  751 

 752 

Our findings could also impact the application of paleoproxies based on PIC (e.g., on foraminifera, 753 

coccolithophores, and pteropods). Model results suggest that these may be impacted by alteration 754 

of carbonates within sediments (e.g., Jutterström & Anderson, 2005) when unfavorable conditions 755 

for carbonate preservation prevail (e.g., Berelson et al., 1990, 1994; Gazeau et al., 2014; Jahnke et 756 

al., 1994, 1997), or condition promote Ω oversaturation (e.g., Berner et al., 1970; Hu & Cai, 2011; 757 

Rassmann et al., 2020) and post-depositional overgrowth of tests (e.g., Green & Aller, 2001). 758 

 759 
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Ultimately, our findings are critical for understanding and trying to mitigate impacts for the future 760 

of the Arctic Ocean caused by climate change. This impacts seafloor biogeochemistry (März et al., 761 

2021) and has broader socio-economic implications (Huntington et al., 2021). 762 
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Table S1. Reaction network and parameters controlling the model-derived seafloor dynamics of pH and inorganic carbon in the Barents Sea. Stoichiometric 

terms x/y/z are defined as 106/12/1 (Freitas et al., 2020). The terms 𝑡𝑎
𝑖 , 𝑡𝑐

𝑖 , and 𝑡𝑠
𝑖  denote the mass action laws and stoichiometric coefficients of total alkalinity, 

total dissolved inorganic carbon, and total sulfides, respectively (e.g., Blouet et al., 2021; Jourabchi et al., 2005). The terms ΔDIC and ΔTA denote the 

stoichiometric coefficients of production (positive) and consumption (negative) of benthic-pelagic fluxes of dissolved inorganic carbon and total alkalinity, 

respectively. 𝛾𝑁 = 1/12 and 𝛾𝑃 = 1/106 (e.g., Soertaet et al., 2007). SD is the volume conversion term (𝑆𝐷 =
1−𝑝𝑜𝑟𝑜𝑠𝑖𝑡𝑦

𝑝𝑜𝑟𝑜𝑠𝑖𝑡𝑦
) (e.g., Freitas et al., 2020). 

 Reaction pathway 𝒕𝒂
𝒊  𝒕𝒄

𝒊  𝒕𝒔
𝒊  ∆DIC ∆ALK 

Primary redox reactions 

𝑟1 
(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 + (𝑥 + 2𝑦)𝑂2 + (𝑦 + 2𝑧)𝐻𝐶𝑂3

−

→ (𝑥 + 𝑦 + 2𝑧)𝐶𝑂2 + 𝑦𝑁𝐻4
+ + 𝑧𝐻𝑃𝑂4

2− + (𝑥 + 2𝑦 + 2𝑧)𝐻2𝑂 
y−2z 1 0 1∙SD (−γN−γP)∙SD 

𝑟2 

(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 + (
4𝑥+3𝑦

5
) 𝑁𝑂3

−

→ (
2𝑥+4𝑦

5
) 𝑁2 + (

𝑥−3𝑦+10𝑧

5
) 𝐶𝑂2 + (

4𝑥+3𝑦−10𝑧

5
) 𝐻𝐶𝑂3

− + 𝑧𝐻𝑃𝑂4
2−

+ (
3𝑥+6𝑦+10𝑧

5
) 𝐻2𝑂 

(4+3y−10z)/5 1 0 1∙SD (4/5+3/5∙γN−γP)∙SD 

𝑟3 
(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 + 2 𝐻𝑅 𝑀𝑛𝑂2 + (3𝑥 + 𝑦 − 2𝑧)𝐶𝑂2 + (𝑥 + 𝑦 − 2𝑧)𝐻2𝑂

→ 2𝑀𝑛2+ + (4𝑥 + 𝑦 − 2𝑧)𝐻𝐶𝑂3
− + 𝑦𝑁𝐻4

+ + 𝐻𝑃𝑂4
2− 

4+y−2z 1 0 1∙SD (4+γN−γP)∙SD 

𝑟4 

(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 + 4 𝐻𝑅 𝐹𝑒(𝑂𝐻)3 + (7𝑥 + 𝑦 − 2𝑧)𝐶𝑂2

→ 4𝐹𝑒2+ + (8𝑥 + 𝑦 − 2𝑧)𝐻𝐶𝑂3
− + 𝑦𝑁𝐻4

+ + 𝑧𝐻𝑃𝑂4
2−

+ (3𝑥 − 𝑦 + 2𝑧)𝐻2𝑂 

8+y−2z 1 0 1∙SD (8+γN−γP)∙SD 

𝑟5 
(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 +

𝑥

2
𝑆𝑂4

2− + (𝑦 − 2𝑧)𝐶𝑂2 + (𝑦 − 2𝑧)𝐻2𝑂

→
𝑥

2
𝐻2𝑆 + (𝑥 + 𝑦 − 2𝑧)𝐻𝐶𝑂3

− + 𝑦𝑁𝐻4
+ + 𝑧𝐻𝑃𝑂4

2− 
1+y−2z 1 0.5 1∙SD (1+γN−γP)∙SD 

𝑟6 
(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 + (𝑦 − 2𝑧)𝐻2𝑂

→ (
𝑥−2𝑦+4𝑧

2
) 𝐶𝑂2 + (𝑦 − 2𝑧)𝐻𝐶𝑂3

− + 𝑦𝑁𝐻4
+ + 𝑧𝐻𝑃𝑂4

2− +
𝑥

2
𝐶𝐻4 

y−2z 0.5 0 0.5∙SD (γN−γP)∙SD 



Secondary redox reactions 

𝑟7 𝑁𝐻4
+ + 2𝑂2 + 2𝐻𝐶𝑂3

− → 𝑁𝑂3
− + 2𝐶𝑂2 + 3𝐻2𝑂 −2 0 0 0 −2 

𝑟8 𝑀𝑛2+ +
1

2
𝑂2 + 2𝐻𝐶𝑂3

− → 𝐻𝑅 𝑀𝑛𝑂2 + 2𝐶𝑂2 + 𝐻2𝑂 −2 0 0 0 −2 

𝑟9 2𝐹𝑒2+ + 𝐻𝑅 𝑀𝑛𝑂2 + 2𝐻𝐶𝑂3
− + 2𝐻2𝑂 → 2 𝐻𝑅 𝐹𝑒(𝑂𝐻)3 + 𝑀𝑛2+ + 2𝐶𝑂2 −2 0 0 0 −2∙SD 

𝑟10 2𝐹𝑒2+ + 𝑃𝑅 𝑀𝑛𝑂2 + 2𝐻𝐶𝑂3
− + 2𝐻2𝑂 → 2 𝐻𝑅 𝐹𝑒(𝑂𝐻)3 + 𝑀𝑛2+ + 2𝐶𝑂2 −2 0 0 0 −2∙SD 

𝑟11 𝐹𝑒2+ +
1

4
𝑂2 + 2𝐻𝐶𝑂3

− +
1

2
𝐻2𝑂 → 𝐻𝑅 𝐹𝑒(𝑂𝐻)3 + 2𝐶𝑂2 −2 0 0 0 −2 

𝑟12 𝐻2𝑆 + 2𝑂2 + 2𝐻𝐶𝑂3
− → 𝑆𝑂4

2− + 2𝐶𝑂2 + 2𝐻2𝑂 −2 0 −1 0 −2 

𝑟13 𝐻2𝑆 + 𝐻𝑅 𝑀𝑛𝑂2 + 2𝐶𝑂2 → 𝑀𝑛2+ → 𝑆0 + 2𝐻𝐶𝑂3
− 2 0 −1 0 2∙SD 

𝑟14 𝐻2𝑆 + 𝑃𝑅 𝑀𝑛𝑂2 + 2𝐶𝑂2 → 𝑀𝑛2+ → 𝑆0 + 2𝐻𝐶𝑂3
− 2 0 −1 0 2∙SD 

𝑟15 𝐻2𝑆 + 2 𝐻𝑅 𝐹𝑒(𝑂𝐻)3 + 4𝐶𝑂2 → 2𝐹𝑒2+ + 𝑆0 + 4𝐻𝐶𝑂3
− + 𝐻2𝑂 4 0 −1 0 4∙SD 

𝑟16 𝐻2𝑆 + 2 𝑀𝑅 𝐹𝑒(𝑂𝐻)3 + 4𝐶𝑂2 → 2𝐹𝑒2+ + 𝑆0 + 4𝐻𝐶𝑂3
− + 𝐻2𝑂 4 0 −1 0 4∙SD 

𝑟17 𝐻2𝑆 + 2 𝑃𝑅 𝐹𝑒(𝑂𝐻)3 + 4𝐶𝑂2 → 2𝐹𝑒2+ + 𝑆0 + 4𝐻𝐶𝑂3
− + 𝐻2𝑂 4 0 −1 0 4∙SD 

𝑟18 𝐶𝐻4 + 𝐶𝑂2 + 𝑆𝑂4
2− → 2𝐻𝐶𝑂3

− + 𝐻2𝑆 2 1 1 1 2 

𝑟19 𝐶𝐻4 + 2𝑂2 → 𝐶𝑂2 + 2𝐻2𝑂 0 1 0 1 0 

𝑟20 𝐹𝑒𝑆 + 𝑂2 → 𝐹𝑒2+𝑆𝑂4
2− 0 0 0 0 0 

       

       

       



Other reactions 

𝑟21 𝐻𝑅 𝑀𝑛𝑂2 → 𝑃𝑅 𝑀𝑛𝑂2 0 0 0 0 0 

𝑟22 𝐻𝑅 𝐹𝑒(𝑂𝐻)3 → 𝑀𝑅 𝐹𝑒(𝑂𝐻)3 0 0 0 0 0 

       

Mineral reactions 

𝑟23 𝑀𝑛2+ + 2𝐻𝐶𝑂3
− → 𝑀𝑛𝐶𝑂3 + 𝐶𝑂2 + 𝐻2𝑂 −2 -1 0 −1 −2 

𝑟24 𝐹𝑒2+ + 𝐻2𝑆 + 2𝐻𝐶𝑂3
− → 𝐹𝑒𝑆 + 2𝐶𝑂2 + 2𝐻2𝑂 −2 0 −1 0 −2 

𝑟25 𝐹𝑒𝑆 + 2𝐶𝑂2 + 2𝐻2𝑂 → 𝐹𝑒2+ + 𝐻2𝑆 + 2𝐻𝐶𝑂3
− 2 0 1 0 2∙SD 

𝑟26 𝐹𝑒2+ + 2𝐻𝐶𝑂3
− → 𝐹𝑒𝐶𝑂3 + 𝐶𝑂2 + 𝐻2𝑂 −2 −1 0 −1 −2 

𝑟27 𝐹𝑒𝑆 + 𝐻2𝑆 → 𝐹𝑒𝑆2 0 0 −1 0 0 

𝑟28 3𝐹𝑒𝑆 + 𝑆0 → 𝐹𝑒3𝑆4 −2 0 3 0 0 

𝑟29 𝑃𝑂4
3− → 𝐶𝐹𝐴    0 −2 

𝑟30 𝐶𝑎𝐶𝑂3 + 𝐻+ → 𝐶𝑎2+ + 𝐻𝐶𝑂3
− 2 1 0 1∙SD 2∙SD 

𝑟31 𝐶𝑎2+ + 𝐻𝐶𝑂3
− → 𝐶𝑎𝐶𝑂3 −2 −1 0 −1 −2 

𝑟32 4𝑆0 + 4𝐻2𝑂 → 𝑆𝑂4
2− + 3𝐻2𝑆 + 2𝐻+    0 −2 

       

       

       



Equilibria reactions 

𝑟33 𝑁𝐻4
+(𝑎𝑞) → 𝑁𝐻4

+(𝑎𝑑𝑠) 0 0 0 0 0 

𝑟34 𝑃𝑂4
3−(𝑎𝑞) → 𝑃𝑂4

3−(𝑎𝑑𝑠) 0 0 0 0 −2 

𝑟35 𝐹𝑒2+(𝑎𝑞) → 𝐹𝑒2+(𝑎𝑑𝑠) 0 0 0 0 0 

𝑟36 𝐹𝑒(𝑂𝐻)3 + 𝑃𝑂4
3− → 𝑃𝑂4(𝑎𝑑𝑠𝐹𝑒(𝑂𝐻)3) 0 0 0 0 −2 

𝑟37 𝐶𝑂2 + 𝐻2𝑂 → 𝐻+ + 𝐻𝐶𝑂3
− 0 0 0 0 0 

𝑟38 𝐻𝐶𝑂3
− → 𝐻+ + 𝐶𝑂3

2− 0 0 0 0 0 

𝑟39 𝐻2𝑆 → 𝐻+ + 𝐻𝑆− 0 0 0 0 0 

𝑟40 𝐵(𝑂𝐻)3 → 𝐻+ + 𝐵(𝑂𝐻)4
− 0 0 0 0 0 
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Figures 
 

 

 
 

Figure S1. Evolution of pH and carbonate system parameters with depth (in cm) along a 30°E 

transect in the Barents Sea assuming a threshold of Ω ≥ 1 for authigenic 𝐶𝑎𝐶𝑂3 precipitation. Blue 

lines represent model outputs and green circles denote observation (see main text). 
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Figure S2. Benthic fluxes of DIC (top row) and alkalinity (bottom row) derived from organic 

matter degradation pathways (primary redox reaction) along the 30°E transect in the Barents Sea. 

Positive fluxes indicate production and negative fluxes denote consumption by each degradation 

pathway. 
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Figure S3. Sensitivity of seafloor carbonate chemistry parameters to changes in metal 

oxyhydroxides (halving and doubling) and calcite (halving and doubling) export relative to baseline 

conditions (see main text). Left column: rates of dissolution (blue) and precipitation (green). Middle 

column: benthic fluxes of DIC (brown) and TA (orange). Right column: buffering capacity (grey).  
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Tables 

 

Table S2. Measured porewater pH in sediment cores (in cm below seafloor) from the Barents Sea 

30°E South⸻North transect (B14⸻B17) in summer 2018 (see main text for details). At site B17, 

measurements were taken from three different coring deployments (i.e., R1⸻R3 are replicates). 

Depth (cm) B14 B15 B16 B17 (R1) B17 (R2) B17 (R3) 

Bottom water 8.15 7.83 8.22 8.07 8.08 8.00 

0.0 7.47 7.65 7.44 7.2 7.24 7.02 

0.5 7.77 7.45 7.38 7.2 7.08 7.01 

1.0 8.00 7.36 742 7.27 7.06 7.21 

1.5 7.80 7.36 7.48 7.25 7.22 7.41 

2.0 8.05 7.48 7.46 7.36 7.25 7.74 

3.0 7.97 7.34 7.69 7.49 7.34 7.67 

4.0 8.50 7.28 7.68 7.65 7.64 7.47 

5.0 8.05 7.27 7.84 7.61 7.52 7.75 

6.0 8.05 7.4 7.83 7.86 8.06 7.73 

7.0 8.08 7.41 
 

8.00 8.04 7.65 

8.0 8.06 7.42 
 

8.03 8.02 7.89 

9.0 
 

7.42 
  

8.04 7.77 

10.0 
 

7.45 
   

7.78 
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Table S3. Sensitivity analysis results for changes in particulate export to the seafloor at site B13. 

Rates (dissolution and precipitation) and benthic fluxes (dissolved inorganic carbon and total 

alkalinity) are integrated over the model domain (Sect. 2.2.4) and are given in µmol cm−2 yr−1. 

 Baseline 
2.0 x 

Sed. rate 

0.5 x 

TOC 

2.0 x 

TOC 

0.5 x 

Metals 

2.0 x 

Metals 

0.5 x 

Calcite 

2.0 x 

Calcite 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 4.7 4.6 3.2 3.6 5.2 2.8 3.3 5.5 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 0.1 0.4 0.5 4.3 0.0 0.5 0.1 0.1 

         

𝐽𝐷𝐼𝐶,𝑂𝑀 30.4 48.5 15.2 60.8 30.4 30.4 30.4 30.4 

𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 4.7 4.6 3.2 3.6 5.2 2.8 3.3 5.5 

𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐 −0.1 −0.4 −0.5 −4.3 0.0 −0.5 −0.1 −0.1 

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 35.1 52.7 17.9 60.2 35.6 32.8 33.6 35.8 

         

𝐽𝑇𝐴,𝑂𝑀 19.1 40.3 5.9 69.9 19.3 19.8 19.1 19.1 

𝐽𝑇𝐴,𝑁𝐻4 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

𝐽𝑇𝐴,𝑀𝑛2+ −0.1 −0.1 0.0 −0.2 −0.1 −0.1 −0.1 −0.1 

𝐽𝑇𝐴,𝐹𝑒2+ −2.5 −3.5 −1.9 −4.1 −2.2 −3.9 −2.5 −2.4 

𝐽𝑇𝐴,𝐻2𝑆 6.5 11.9 4.2 10.4 5.3 8.8 6.6 6.5 

𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 −2.1 −6.0 −1.4 −14.9 −1.6 −3.0 −2.0 −2.1 

𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 9.5 9.2 6.3 7.3 10.3 5.7 6.5 11.0 

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 30.4 51.8 13.0 68.3 31.2 27.2 27.7 32.0 

         

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙

 0.87 0.98 0.73 1.13 0.88 0.83 0.82 0.89 
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Table S4. Sensitivity analysis results for changes in particulate export to the seafloor at site B14. 

Rates (dissolution and precipitation) and benthic fluxes (dissolved inorganic carbon and total 

alkalinity) are integrated over the model domain (Sect. 2.2.4) and are given in µmol cm−2 yr−1. 

 Baseline 
2.0 x 

Sed. rate 

0.5 x 

TOC 

2.0 x 

TOC 

0.5 x 

Metals 

2.0 x 

Metals 

0.5 x 

Calcite 

2.0 x 

Calcite 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 1.5 1.5 3.3 2.7 2.1 1.4 0.9 2.3 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 3.9 8.2 0.6 20.6 1.7 6.1 3.8 3.9 

         

𝐽𝐷𝐼𝐶,𝑂𝑀 21.1 31.1 10.6 42.3 21.1 21.1 21.1 21.1 

𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 1.5 1.5 3.3 2.7 2.1 1.4 0.9 2.3 

𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐 −3.9 −8.2 −0.6 −20.6 −1.7 −6.1 −3.8 −3.9 

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 18.7 24.5 13.3 24.4 21.6 16.4 18.2 19.6 

         

𝐽𝑇𝐴,𝑂𝑀 23.2 38.7 5.4 85.3 25.7 22.1 23.2 23.2 

𝐽𝑇𝐴,𝑁𝐻4 −0.1 −0.1 −0.1 −0.1 −0.1 −0.1 −0.1 −0.1 

𝐽𝑇𝐴,𝑀𝑛2+ −0.3 −0.2 −0.1 −0.2 −0.1 −0.3 −0.3 −0.3 

𝐽𝑇𝐴,𝐹𝑒2+ −4.3 −5.2 −1.9 −8.0 −4.7 −3.7 −4.3 −4.3 

𝐽𝑇𝐴,𝐻2𝑆 7.1 13.0 3.6 6.1 4.2 8.6 7.1 7.1 

𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 −8.6 −18.3 −1.3 −46.3 −5.2 −12.7 −8.6 −8.7 

𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 2.9 3.1 6.6 5.5 4.2 2.7 1.8 4.7 

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 20.0 30.8 12.1 42.2 23.9 16.5 18.9 21.7 

         

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙

 1.07 1.26 0.91 1.73 1.11 1.01 1.04 1.11 
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Table S5. Sensitivity analysis results for changes in particulate export to the seafloor at site B15. 

Rates (dissolution and precipitation) and benthic fluxes (dissolved inorganic carbon and total 

alkalinity) are integrated over the model domain (Sect. 2.2.4) and are given in µmol cm−2 yr−1. 

 Baseline 
2.0 x 

Sed. rate 

0.5 x 

TOC 

2.0 x 

TOC 

0.5 x 

Metals 

2.0 x 

Metals 

0.5 x 

Calcite 

2.0 x 

Calcite 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 1.8 1.5 1.4 1.9 2.0 1.8 1.5 2.1 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 0.8 6.0 0.0 0.1 0.1 1.2 0.7 0.8 

         

𝐽𝐷𝐼𝐶,𝑂𝑀 11.4 18.6 5.7 22.8 11.4 11.4 11.4 11.4 

𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 1.8 1.5 1.4 1.9 2.0 1.8 1.5 2.1 

𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐 −0.8 −6.0 0.0 −0.1 −0.1 −1.2 −0.7 −0.8 

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 12.5 14.1 7.1 24.6 13.3 11.9 12.1 12.7 

         

𝐽𝑇𝐴,𝑂𝑀 9.1 18.0 3.5 22.0 9.0 9.3 9.1 9.1 

𝐽𝑇𝐴,𝑁𝐻4 −1.7 −2.4 −0.9 −3.2 −1.7 −1.7 −1.7 −1.7 

𝐽𝑇𝐴,𝑀𝑛2+ −0.3 −0.6 −0.3 −0.4 −0.2 −0.4 −0.3 −0.3 

𝐽𝑇𝐴,𝐹𝑒2+ −2.9 −5.4 −1.1 −5.2 −2.5 −3.4 −2.9 −2.9 

𝐽𝑇𝐴,𝐻2𝑆 5.5 12.5 2.2 9.5 4.8 5.8 5.5 5.5 

𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 −2.0 −12.6 −0.2 −1.9 −0.7 −2.9 −2.0 −2.0 

𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 3.7 3.1 2.9 3.9 4.0 3.5 2.9 4.2 

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 11.3 12.5 6.0 24.7 12.7 10.1 10.6 11.8 

         

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙

 0.91 0.89 0.85 1.00 0.95 0.85 0.88 0.93 
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Table S6. Sensitivity analysis results for changes in particulate export to the seafloor at site B16. 

Rates (dissolution and precipitation) and benthic fluxes (dissolved inorganic carbon and total 

alkalinity) are integrated over the model domain (Sect. 2.2.4) and are given in µmol cm−2 yr−1. 

 Baseline 
2.0 x 

Sed. rate 

0.5 x 

TOC 

2.0 x 

TOC 

0.5 x 

Metals 

2.0 x 

Metals 

0.5 x 

Calcite 

2.0 x 

Calcite 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 20.0 17.5 17.7 14.3 20.1 19.9 16.0 23.3 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 4.3 18.6 1.0 21.8 3.2 4.9 4.2 4.3 

         

𝐽𝐷𝐼𝐶,𝑂𝑀 35.5 52.0 17.7 71.0 35.5 35.5 35.5 35.5 

𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 20.0 17.5 17.7 14.3 20.1 19.9 16.0 23.3 

𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐 −4.3 −18.6 −1.0 −21.8 −3.2 −4.9 −4.2 −4.3 

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 51.2 50.9 34.5 63.5 52.4 50.5 47.3 54.5 

         

𝐽𝑇𝐴,𝑂𝑀 21.0 47.1 4.7 95.9 20.3 22.1 21.0 21.0 

𝐽𝑇𝐴,𝑁𝐻4 −2.6 −1.9 −2.2 −1.9 −2.6 −2.6 −2.6 −2.6 

𝐽𝑇𝐴,𝑀𝑛2+ −4.1 −8.8 −0.5 −20.1 −3.6 −4.8 −4.1 −4.1 

𝐽𝑇𝐴,𝐹𝑒2+ −6.9 −11.9 −2.1 −11.5 −5.7 −7.9 −6.9 −6.9 

𝐽𝑇𝐴,𝐻2𝑆 12.6 29.0 4.3 22.1 11.9 12.8 12.6 12.6 

𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 −9.0 −37.3 −2.1 −46.0 −7.0 −10.1 −8.9 −9.1 

𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 40.1 35.1 35.4 28.6 40.2 39.8 32.1 46.6 

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 51.1 51.0 37.3 67.0 53.3 49.1 43.2 57.5 

         

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙

 1.00 1.00 1.08 1.06 1.02 0.97 0.91 1.06 
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Table S7. Sensitivity analysis results for changes in particulate export to the seafloor at site B17. 

Rates (dissolution and precipitation) and benthic fluxes (dissolved inorganic carbon and total 

alkalinity) are integrated over the model domain (Sect. 2.2.4) and are given in µmol cm−2 yr−1. 

 Baseline 
2.0 x 

Sed. rate 

0.5 x 

TOC 

2.0 x 

TOC 

0.5 x 

Metals 

2.0 x 

Metals 

0.5 x 

Calcite 

2.0 x 

Calcite 

𝑅𝑑𝑖𝑠𝑠𝑜𝑙𝑢𝑡𝑖𝑜𝑛 22.0 18.4 23.7 11.6 24.0 21.9 15.4 28.4 

𝑅𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 6.9 22.4 1.8 13.6 1.0 8.1 6.7 7.0 

         

𝐽𝐷𝐼𝐶,𝑂𝑀 44.4 68.0 22.2 88.7 44.4 44.4 44.4 44.4 

𝐽𝐷𝐼𝐶,𝐷𝑖𝑠𝑠 22.0 18.4 23.7 11.6 24.0 21.9 15.4 28.4 

𝐽𝐷𝐼𝐶,𝑃𝑟𝑒𝑐 −6.9 −22.4 −1.8 −13.6 −1.0 −8.1 −6.7 −7.0 

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙 59.5 64.1 44.0 86.7 67.3 58.2 53.1 65.8 

         

𝐽𝑇𝐴,𝑂𝑀 47.1 87.2 9.2 166.9 44.2 48.8 47.1 47.1 

𝐽𝑇𝐴,𝑁𝐻4 −1.3 −0.8 −1.9 −0.5 −1.3 −1.3 −1.3 −1.3 

𝐽𝑇𝐴,𝑀𝑛2+ −17.6 −26.9 −1.0 −53.1 −17.6 −19.4 −17.6 −17.6 

𝐽𝑇𝐴,𝐹𝑒2+ −13.9 −18.8 −4.9 −19.7 −8.7 −14.8 −14.0 −13.9 

𝐽𝑇𝐴,𝐻2𝑆 19.2 38.0 7.5 18.7 12.0 19.5 19.2 19.2 

𝐽𝑇𝐴,𝑃𝑟𝑒𝑐 −14.2 −46.1 −3.8 −34.2 −3.8 −16.6 −13.9 −14.4 

𝐽𝑇𝐴,𝐷𝑖𝑠𝑠 44.0 36.9 47.3 23.2 47.9 43.8 30.8 56.9 

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙 63.1 69.3 52.4 101.3 72.6 59.9 50.2 75.9 

         

𝐽𝑇𝐴,𝑇𝑜𝑡𝑎𝑙

𝐽𝐷𝐼𝐶,𝑇𝑜𝑡𝑎𝑙

 1.06 1.08 1.19 1.17 1.08 1.03 0.95 1.15 
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Additional Supporting Information (Files uploaded separately) 

 

Table S1. Reaction network and parameters controlling the model-derived seafloor dynamics of 

pH and inorganic carbon in the Barents Sea. The terms x/y/z are defined as 106/12/1 (Freitas et al., 

2020). The terms  𝒕𝒂
𝒊 , 𝒕𝒄

𝒊 , and 𝒕𝒔
𝒊  denote the mass action laws and stoichiometric coefficients of total 

alkalinity, total dissolved inorganic carbon, and total sulfides, respectively (e.g., Blouet et al., 2021; 

Jourabchi et al., 2005). The terms ΔDIC and ΔTA denote the stoichiometric coefficients of 

production (positive) and consumption (negative) of benthic-pelagic fluxes of dissolved inorganic 

carbon and total alkalinity, respectively. 𝜸𝑵 = 1/12 and 𝜸𝑷= 1/106 (e.g., Soetaert et al., 2007). SD 

is the volume conversion term (𝑺𝑫 =
𝟏−𝒑𝒐𝒓𝒐𝒔𝒊𝒕𝒚

𝒑𝒐𝒓𝒐𝒔𝒊𝒕𝒚
) (e.g., Freitas et al., 2020). 
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