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Abstract

Biological processes in Southern Ocean surface waters have widespread impacts on global productivity and oceanic CO2 storage.

Here, we demonstrate that biological calcification in the Southern Ocean exerts a strong control the global distribution of

alkalinity. The signature of Southern Ocean calcification is evident in observations as a depletion of potential alkalinity within

portions of Subantarctic Mode and Intermediate water. Experiments with an ocean general circulation model indicate that

calcification and subsequent sinking of biogenic carbonate in this region effectively transfers alkalinity between the upper and

lower cells of the meridional overturning circulation. Southern Ocean calcification traps alkalinity in the deep ocean; decreasing

calcification permits more alkalinity to leak out from the Southern Ocean, yielding increased alkalinity in the upper cell and

low-latitude surface waters. These processes have implications for the atmosphere-ocean partitioning of carbon. Reductions in

Southern Ocean calcification increase the buffer capacity of surface waters globally, thereby enhancing the ocean’s ability to

absorb carbon from the atmosphere. This study highlights the critical role of Southern Ocean calcification in determining global

alkalinity distributions, demonstrating that changes in this process have the potential for widespread consequences impacting

air-sea partitioning of CO2.
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Abstract11

Biological processes in Southern Ocean surface waters have widespread impacts on global12

productivity and oceanic CO2 storage. Here, we demonstrate that biological calcifica-13

tion in the Southern Ocean exerts a strong control the global distribution of alkalinity.14

The signature of Southern Ocean calcification is evident in observations as a depletion15

of potential alkalinity within portions of Subantarctic Mode and Intermediate water. Ex-16

periments with an ocean general circulation model indicate that calcification and sub-17

sequent sinking of biogenic carbonate in this region effectively transfers alkalinity between18

the upper and lower cells of the meridional overturning circulation. Southern Ocean cal-19

cification traps alkalinity in the deep ocean; decreasing calcification permits more alka-20

linity to leak out from the Southern Ocean, yielding increased alkalinity in the upper cell21

and low-latitude surface waters. These processes have implications for the atmosphere-22

ocean partitioning of carbon. Reductions in Southern Ocean calcification increase the23

buffer capacity of surface waters globally, thereby enhancing the ocean’s ability to ab-24

sorb carbon from the atmosphere. This study highlights the critical role of Southern Ocean25

calcification in determining global alkalinity distributions, demonstrating that changes26

in this process have the potential for widespread consequences impacting air-sea parti-27

tioning of CO2.28

Plain Language Summary29

Plankton living in the Southern Ocean affect the composition of seawater through30

biological processes. Due to the particular oceanic circulation in the Southern Ocean,31

these biologically-driven changes in ocean chemistry can have widespread effects on the32

global ocean. Species of plankton that form shells of calcium carbonate remove alkalin-33

ity from surface waters through the process of calcification. The amount of alkalinity in34

surface waters is important because it affects how much CO2 the ocean can absorb from35

the atmosphere. We show that Southern Ocean calcifying plankton affect the global dis-36

tribution of alkalinity through the presence of a Southern Ocean “alkalinity trap.” More37

Southern Ocean calcification yields a stronger alkalinity trap, with more alkalinity be-38

ing retained in the Southern Ocean and in deep waters, away from the atmosphere. Re-39

duced calcification in the Southern Ocean permits more alkalinity to escape the South-40

ern Ocean and remain in the upper ocean globally. These changes affect oceanic CO241

uptake from the atmosphere.42

1 Introduction43

The Southern Ocean is uniquely important to the climate system and global bio-44

geochemistry because it is a dominant region for ventilation of the deep ocean. The bi-45

ological pump deposits nutrients at depth; circulation must ultimately provide a path46

to return nutrients to the ocean surface, otherwise productivity would cease. The na-47

ture of nutrient return paths is important as it determines the degree to which global48

ocean biogeochemistry is sensitive to climate. W. S. Broecker (1991) envisioned that nu-49

trients were mixed across the main thermocline ubiquitously in the global ocean; this model,50

however, is inconsistent with observed vertical diffusivities, which are about an order of51

magnitude too low to account for the necessary water mass transformations (Ledwell et52

al., 1993). A more accurate account of nutrient return paths is that deep ocean nutri-53

ents are returned to the surface in the Southern Ocean by the global overturning circu-54

lation (Sarmiento et al., 2007). In the Southern Ocean upwelled nutrients are exposed55

to productivity before being returned to the subtropical thermocline in Antarctic Inter-56

mediate (AAIW) and Subantarctic Mode Water (SAMW)—or the abyssal ocean in Antarc-57

tic Bottom Water (AABW) (Figure 1). As a result, biological processes occurring in South-58

ern Ocean surface waters have the capacity to influence global productivity and biogeo-59

chemistry (Sarmiento et al., 2004; Marinov et al., 2006).60
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Figure 1. Schematic of idealized, zonal-mean Southern Ocean overturning circulation, show-

ing dominant biomineralizing phytoplankton. Abbreviations: AZ = Antarctic zone; PFZ = Polar

front zone; SAZ = Subantarctic zone.

–3–



manuscript submitted to Global Biogeochemical Cycles

Latitudinal gradients in nutrients and temperature define unique environments in61

the Southern Ocean and impact plankton assemblages and their physiological state, which,62

in turn, may affect water chemistry. For example, strong iron limitation in the silicate63

(SiO3)-rich waters of Antarctic zone (AZ; Figure 1) of the Southern Ocean is conducive64

to the production of heavily silicified diatoms (Assmy et al., 2013; Franck et al., 2000;65

Leynaert et al., 2004; Smith et al., 2017). These diatoms deplete silicic acid in the sur-66

face waters to build thick, grazer-resistant, opal shells, which sink and leave less SiO367

to be distributed to the rest of the ocean as waters move north (Sarmiento et al., 2004;68

Assmy et al., 2013). In contrast, the Subantarctic zone (SAZ; Figure 1) is characterized69

by limiting SiO3, more plentiful iron input, and warmer temperatures; these conditions70

create a region of competition between calcifying phytoplankton, i.e., coccolithophores,71

(Balch et al., 2016) and lightly silicified diatoms (Assmy et al., 2013; Tréguer et al., 2018;72

Smith et al., 2017). These distinct Southern Ocean plankton communities are reflected73

in the composition of material found in sediment traps (Figure 2a; Rembauville et al.,74

2016; Wilks et al., 2017; Honjo et al., 2000) and seafloor sediments (Figure 2b; Dutkiewicz75

et al., 2015). Due to differing cellular stoichiometry and physiology, these Southern Ocean76

plankton communities leave unique impressions on water masses and contribute to an77

ecological divide between the AZ and SAZ (e.g., Malinverno et al., 2016).78

Several studies have explored the effect of Southern Ocean phytoplankton produc-79

tion on global nutrient distributions (Sarmiento et al., 2004; Marinov et al., 2006; Primeau80

et al., 2013; Sarmiento et al., 2004; Dutkiewicz et al., 2005). In particular, a phenomenon81

known as Southern Ocean “nutrient trapping” is considered a mechanism that might drive82

reorganizations of the global nutrient inventory distribution (Primeau et al., 2013; Moore83

et al., 2018). Nutrient trapping is possible in regions with divergent flow at the surface84

and convergent flow at depth; in this case, upwelled nutrients fuel export production, but85

sinking organic material rains back down and is remineralized at the same depths from86

which the upwelled water mass came. Nutrients can be effectively trapped if export pro-87

duction is fast relative to the timescale at which advection flushes the region; where this88

is true, nutrients are trapped, increasing concentrations locally and limiting lateral trans-89

port out of the region. Primeau et al. (2013) demonstrated in the context of an ocean90

general circulation (OGCM) that nutrients can be most effectively trapped in the South-91

ern Ocean by increasing productivity in the Antarctic Zone. This phenomenon was sim-92

ulated in Earth system model (ESM) integrations conducted out to year 2300 with con-93

tinuing carbon emission (Moore et al., 2018).94

Nutrient trapping already manifests in the Southern Ocean and involves decoupling95

between the macronutrients silicic acid and nitrate (Sarmiento et al., 2004). Diatoms typ-96

ically utilize silicic acid and nitrate in a ratio of about 1:1 under adequate light and nu-97

trient conditions. However, as alluded to above, stress induced by light or iron scarcity98

causes diatoms to increase their Si:N utilization ratio (e.g., Takeda, 1998). As a result99

of elevated Si:N utilization in the Southern Ocean, silicic acid is preferentially removed100

as waters upwelled at the APF flow northward to the subduction regions north of the101

SAF, where AAIW and SAMW are formed (“Silicate trap” on Figure 1). Sarmiento et102

al. (2004) showed that diatom opal formation in the Southern Ocean limits the amount103

of SiO3 that leaves the Southern Ocean, thereby influencing diatom production in the104

rest of the Southern hemisphere and North Atlantic via SAMW. Another dominant sur-105

face process in the formation region of these waters is calcification, which is especially106

widespread in the SAZ and PFZ of the Southern Ocean (Figures 1 and 2; Balch et al.,107

2011; Salter et al., 2014). The potential effect of Southern Ocean calcification on global108

alkalinity distributions has received limited attention.109

Calcification impacts seawater alkalinity and, in turn, affects air-sea CO2 fluxes.110

Producing one mole of CaCO3 removes two moles of alkalinity and one mole of dissolved111

inorganic carbon (DIC) from ambient seawater (Sarmiento & Gruber, 2006). Sinking CaCO3112

transfers carbon to depth, creating the “carbonate pump,” but consumption of alkalin-113
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Figure 2. CaCO3 in the water column and on the seafloor. Panel (a) shows CaCO3 fluxes

from sediment traps moored in the SAZ (filled circles) and PFZ (open circles) of the Southern

Ocean and CaCO3 fluxes from the Community Earth System Model (CESM). Data sources for

CaCO3 fluxes from sediment traps and sediment grouping specifications are described in Sec-

tion 2.1. The CESM CaCO3 fluxes are an area-weighted mean underneath the 26.0 ≤ σθ ≤ 27.0

outcrop region (darker blue line) with the standard deviation of fluxes within this region indi-

cated by the light blue shading. (b) Seafloor sediments from Dutkiewicz et al. (2015). Fronts

shown on panel (b) are, from south to north, the Polar Front (Freeman & Lovenduski, 2016), the

Subantarctic Front and the Subtropical Front (Orsi et al., 1995). Abbreviations: AZ = Antarctic

zone; PFZ = Polar front zone; SAZ = Subantarctic zone.
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ity at the ocean surface diminishes the ocean’s ability to absorb CO2 from the atmosphere114

relative to a pure “soft-tissue” pump (e.g., Salter et al., 2014). Hence the ratio of CaCO3115

to particulate organic carbon (POC) flux, the rain ratio, is an important metric of the116

efficacy of the biological pump (e.g., Sigman et al., 2010; Sarmiento et al., 2002). Matsumoto117

et al. (2002), for instance, used a simple box model to show that changes in the rain ra-118

tio can impact ocean carbon storage; by increasing diatom production in the global ocean119

at the expense of coccolithophores, they diminished the rain ratio, driving decreases in120

atmospheric CO2 via enhanced ocean carbon storage. This, and many other studies, have121

highlighted the importance of surface ocean alkalinity on CO2 uptake and climate.122

The Southern Ocean is home to the Great Calcite Belt (GCB; Balch et al., 2011),123

a circumpolar band of elevated particulate inorganic carbon (PIC) that is visible from124

space due to the high reflectivity of suspended CaCO3 (Balch et al., 2011; Holligan et125

al., 2010). While there are multiple calcifying organisms in the GCB region (the SAZ126

and PFZ), the PIC algorithm that translates water-leaving radiances and backscatter-127

ing to CaCO3 concentrations is primarily tuned to capture coccolithophore shells (Gordon128

et al., 2001; Balch et al., 2005). Coccolithophore blooms in the Southern Ocean are ex-129

tensive, covering ∼52 x 106 km2 and accounting for roughly 26% of oceanic suspended130

PIC (Balch et al., 2005). Indeed, coccolithophores are a large driver of CaCO3 fluxes in131

the SAZ, with contributions ranging from ∼10% to >85% of total CaCO3 (Wilks et al.,132

2017; Rigual Hernández et al., 2020; Manno et al., 2018; Rembauville et al., 2016). Zoo-133

plankton calcifiers, pteropods and foraminifera, also constitute significant portions of CaCO3134

fluxes in the Southern Ocean (Rigual Hernández et al., 2018; Hunt et al., 2008). For ex-135

ample, Manno et al. (2018) showed that pteropods comprise the majority of CaCO3 fluxes136

(in the more soluble form, aragonite) during the autumn between 1500 m and 2000 m137

of depth at two sites in the SAZ. A global biogeochemical model recently showed that138

pteropods contribute largely to shallow CaCO3 export globally (Buitenhuis et al., 2019),139

while coccolithophores and foraminifera dominate deep fluxes to sediments (W. Broecker140

& Clark, 2009). Figure 2a shows total CaCO3 collected in sediment traps moored in the141

GCB region of the Southern Ocean, indicating that sinking biogenic CaCO3 reaches deeper142

than 2000 m with low dissolution. At this depth, deep waters are moving south (Talley143

et al., 2003), setting up the potential for Southern Ocean alkalinity trapping (Figure 1).144

Observational studies have established direct links between surface alkalinity and145

local CaCO3 formation and dissolution. For example, decreases in surface alkalinity re-146

sulting from biological calcification have been documented in subtropical and subpolar147

North Atlantic (Bates et al., 1996; Holligan et al., 1993; Robertson et al., 1994), as well148

as the Southern Ocean (Balch et al., 2016). Conversely, Cross et al. (2013) observed in-149

creases in total alkalinity associated with CaCO3 dissolution in corrosive waters of the150

North Pacific. In addition to CaCO3 cycling, alkalinity is affected by freshwater fluxes151

and the production of organic matter through nitrate consumption. To isolate the im-152

pact of CaCO3 cycling, we make use of “potential alkalinity (sPAlk),” which is a linear153

combination of alkalinity and nitrate, normalized to a reference salinity (Sarmiento &154

Gruber, 2006). Fry et al. (2015) used sPAlk as a basis for a tracer they called Alk*, from155

which riverine influences on alkalinity have also been removed. Alk* is remarkably con-156

sistent throughout low latitudes in all ocean basins, but increases in the North Pacific157

and high-latitude Southern Ocean (Fry et al., 2015; Millero et al., 1998), reminiscent of158

SiO3 distributions (Levitus et al., 1993; Freeman et al., 2018). Alk* declines in SAZ sur-159

face waters moving north at ∼40◦S, a region rich in coccolithophores and other pelagic160

calcifiers. Jin et al. (2006) diagnosed CaCO3 production globally by restoring sPAlk to161

observations within an ocean general circulation model, finding that Southern Ocean cal-162

cification accounts for more than one third of global oceanic calcification. In summary,163

there is widespread calcification in the Southern Ocean that likely imprints on ocean chem-164

istry downstream from the Southern Ocean environment.165
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Given the physical dynamics of the Southern Ocean, changes in calcification in the166

Southern Ocean could have widespread biogeochemical consequences. In this study, we167

test the hypothesis that Southern Ocean calcification is modifying global alkalinity dis-168

tributions. We first present observational evidence that CaCO3 production in the South-169

ern Ocean leaves a signature on alkalinity concentrations and could lead to “alkalinity170

trapping” in the Southern Ocean, as has been shown for silicate, other macronutrients,171

and carbon (e.g., Primeau et al., 2013; Sarmiento et al., 2004; Marinov et al., 2006). We172

then use an ocean general circulation model coupled to a biogeochemistry model to quan-173

tify the effects of Southern Ocean calcification on the global distribution of alkalinity.174

Our results show that calcification in the GCB region of the Southern Ocean modifies175

global alkalinity by limiting the amount of alkalinity that flows northward in the upper176

water column of the Subantarctic Southern Ocean. Changing Southern Ocean calcifi-177

cation redistributes ocean alkalinity between upper and lower cells of the overturning cir-178

culation and between the Southern Ocean and the rest of the global ocean. This has con-179

sequences on biogeochemical processes, such as global air-sea CO2 fluxes. The results180

of our model sensitivity tests show that changes in calcification in the GCB region could181

have widespread impacts beyond the Southern Ocean and alter the overall amount of182

carbon that the ocean absorbs from the atmosphere globally.183

2 Methods184

2.1 Observational datasets185

We used GLODAP version 2 (Lauvset et al., 2016) to examine observational ev-186

idence of Southern Ocean calcification on alkalinity. By removing the influences of pre-187

cipitation, evaporation, and the production and remineralization of organic matter on188

alkalinity distributions, salinity-normalized potential alkalinity (sPAlk) helps to isolate189

the effects of CaCO3 production and dissolution on alkalinity. We calculated sPAlk fol-190

lowing Fry et al. (2015):191

sPAlk = (Alk + 1.36×NO3)
35

S
(1)192

where Alk is the total alkalinity concentration, NO3 is the nitrate concentration, and S193

is the salinity. The factor of 1.36 accounts for the average proportional uptake of other194

ions consumed by primary production, such as phosphate and sulfate (Wolf-Gladrow et195

al., 2007). We interpolated sPAlk onto σθ density coordinates to examine the climato-196

logical mean fields within isopycnal density ranges. We compute sPAlk on output from197

a numerical model similarly; however, we do not apply salinity normalization to the sim-198

ulated NO3, as freshwater fluxes are not applied to NO3 in the model.199

We used satellite-derived particulate inorganic carbon (PIC) from MODIS (Balch200

et al., 2005; Gordon et al., 2001) to assess the location of the Great Calcite Belt (GCB),201

generating an annual mean PIC map for the period 2003 to 2017. We compare these to202

CaCO3 concentrations simulated in the top level of the ocean model (see Section 2.2),203

which represents the upper 10 m.204

We compiled CaCO3 flux data from sediment traps moored in the SAZ (between205

the subtropical front and Subantarctic front) and PFZ (between the Subantarctic front206

and the Polar Front) in the Southern Ocean. Data on CaCO3 fluxes from sediment traps207

are from Rigual Hernández et al. (2020), Wilks et al. (2017), Trull et al. (2001), Salter208

et al. (2014), Northcote and Neil (2005), Wefer and Fischer (1991), Fischer et al. (2002),209

Manno et al. (2018), and Honjo et al. (2000). We compare this observational CaCO3 flux210

dataset to modeled CaCO3 fluxes in the Southern Ocean between the 26.0 to 27.0 σθ isopy-211

cnal surface outcrops.212

We use ocean sediment data from Dutkiewicz et al. (2015) to demonstrate the eco-213

logical divide between calcifiers and silicifiers in the Southern Ocean. Sediment fields were214

aggregated to distinguish between siliceous, calcareous, mixed siliceous/calcareous, and215

–7–



manuscript submitted to Global Biogeochemical Cycles

other types of sediments. Siliceous sediments included radiolarian ooze, siliceous ooze,216

and siliceous mud. Calcareous sediments included calcareous ooze, shells/corals, and fine-217

grained calcareous sediments.218

2.2 Modeling experiments219

We use a pre-release version of the Community Earth System Model (CESM) ver-220

sion 2.2 with biogeochemistry to test the effects of Southern Ocean calcification on al-221

kalinity and air-sea CO2 fluxes. The ocean ecosystem is simulated using the Marine Bio-222

geochemical Library (MARBL; marbl-ecosys.github.io). Our simulations with MARBL223

include an explicit coccolithophore phytoplankton functional type (PFT; Krumhardt et224

al., 2019). The coccolithophore PFT parameterization is based on physiological stud-225

ies, where the ratio of CaCO3 production to photosynthesis in the PFT responds to en-226

vironmental conditions (temperature, nutrients, and CO2 concentration). In this study,227

however, we used an updated relationship between CaCO3 production and temperature228

(see Figure S1) in order to better fit physiological studies specifically with the South-229

ern Ocean Emiliania huxleyi morphotype. We were also guided by comparisons with the230

simulated satellite observation of surface PIC concentrations in the Southern Ocean (sec-231

tion 2.1).232

MARBL only represents phytoplankton calcification; zooplankton calcifiers, such233

as pteropods and foraminifera, are not simulated. Additionally, the model assumes that234

all CaCO3 is produced as calcite, thus ignoring the distinction between the mineral forms235

calcite and aragonite, which may be important in modulating dissolution depths (Gangstø236

et al., 2008). Despite these details, CESM CaCO3 fluxes in the Southern Ocean com-237

pare reasonably well to total CaCO3 fluxes observed in sediment traps (Figure 2). Par-238

ticulate CaCO3 sinking and dissolution is parameterized according to the formulation239

of Armstrong et al. (2002) with a reference dissolution length scale of 500 m that does240

not depend on the CaCO3 saturation state (Ω). The CaCO3 dissolution length scale (as241

well as POC and SiO3 dissolution length scales) increases with depth and under low oxy-242

gen conditions. Burial of CaCO3 on the ocean floor occurs where Ω > Ωcrit in the model’s243

bottom layer; where Ω < Ωcrit, all CaCO3 reaching the model’s bottom layer is dissolved.244

In the simulations presented here, Ωcrit was set to a value of 1. Riverine nutrient, car-245

bon, and alkalinity fluxes are supplied to the ocean model from a dataset derived from246

GlobalNEWS (Mayorga et al., 2010). Riverine DIC inputs are assumed to be comprised247

of 100% bicarbonate and are thus equal to alkalinity fluxes.248

MARBL simulates two parallel carbonate systems (i.e., the prognostic DIC and Alk249

tracers as well as associated diagnostic quantities like pCO2, pH, etc.). In climate-projection250

integrations, these tracer systems are identical, except for their atmospheric CO2 bound-251

ary conditions, thus enabling a straightforward characterization of anthropogenic CO2252

distributions inclusive of physical and biogeochemical (i.e., Revelle Factor) feedbacks.253

We exploited this capability, using the second carbonate-system (ALT CO2) tracers to254

examine the impacts of Southern Ocean calcification on alkalinity, DIC, and air-sea CO2255

exchanges. Our approach was to manipulate the CaCO3 production and dissolution terms256

for the ALT CO2 tracers in the region south of 30◦S. Since all other source/sink terms,257

atmospheric boundary conditions and physical transport fields for the primary DIC/Alk258

and ALT CO2 tracers were identical, this methodology provides a very clean approach259

to isolating the influence of CaCO3 production and dissolution in the Southern Ocean260

on alkalinity and carbon fields globally. Our hypothesis was that vertical fluxes of CaCO3261

in the Southern Ocean effect an alkalinity transfer that determines the degree to which262

alkalinity is “trapped” in the region. We approach this in two ways, first by directly ma-263

nipulating CaCO3 production in the surface ocean south of 30◦S and second, by mod-264

ifying the dissolution length-scales (DLS) south of 30◦S, thereby affecting the vertical265

distribution of dissolution for a given CaCO3 production. In the first case, where we ma-266

nipulate surface CaCO3 production, the dissolution profile of CaCO3 is impacted in di-267
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rect proportion to changes in production; the MARBL formulation for CaCO3 cycling268

requires that the column integrals of production, dissolution and burial sum to zero at269

each numerical timestep. We ran sensitivity experiments yielding simulated DIC and Alk270

distributions consistent with five different conditions (Table 1). Our experiments induced271

only minor changes in CaCO3 burial, leading to very slight differences in total oceanic272

alkalinity inventory between experiments (< 0.1%; Table 1).273

We used an ocean-sea-ice configuration of CESM similar to that described in Long274

et al. (2013) and Yeager et al. (2018). Ocean physics were spun up for 124 years before275

simulating ocean biogeochemistry. The CESM sea-ice and ocean component models (with276

biogeochemistry) were then integrated at the nominal 1-degree resolution for five Co-277

ordinated Ocean-Ice Reference Experiment, interannual forcing (CORE-IAF; Large &278

Yeager, 2009) cycles (62 years/cycle) under preindustrial conditions (atmospheric CO2279

= 284.7 µatm) for a total of 310 years. While this is not long enough to achieve equi-280

librium with respect to deep ocean alkalinity distributions (which takes thousands of years),281

is does enable evaluating the dominant patterns of change associated with perturbing282

Southern Ocean calcification and its impact on alkalinity redistribution.283

2.3 Analysis284

We focus our analysis on the mean fields over the last 62-year CORE-IAF cycle (sim-285

ulation years 249–310). Our primary method of evaluating the importance of Southern286

Ocean calcification is to difference fields in each sensitivity experiment from the control287

integration; we use this approach to develop a relationship between CaCO3 fluxes in the288

GCB region of the Southern Ocean and mean alkalinity in the upper ocean. We exam-289

ine the redistribution of the alkalinity inventory in each experiment using σθ = 27.4 as290

the boundary between the upper and lower ocean. In order to better understand the ca-291

pacity of the ocean to absorb CO2 from the atmosphere we calculated the Revelle fac-292

tor. The Revelle factor (R) was estimated by the equation from Sarmiento and Gruber293

(2006):294

R =
3 ∗Alk ∗DIC − 2 ∗DIC2

(2 ∗DIC −Alk)(Alk −DIC)
(2)295

3 Results296

3.1 CESM simulation of Southern Ocean calcification297

We compare the mean particulate inorganic carbon (PIC) inferred from MODIS298

(mean 2003-2017) and CESM surface CaCO3 (Figure 3a,b). While CESM simulates a299

GCB, as in the observational estimates, it tends to be more concentrated and extends300

somewhat farther north than the PIC observational estimates suggest. It has been noted301

in several studies that the PIC algorithm likely overestimates PIC in the Southern Ocean,302

particularly in the AZ (e.g., see Balch et al., 2016; Trull et al., 2018). The coccolithophore303

PFT is the only source of biogenic CaCO3 in CESM. Therefore, it implicitly represents304

all pelagic calcification (by zooplankton and phytoplankton) in a biogeochemical sense.305

Considering this model simplification, an overestimation of coccolithophore CaCO3 (Fig-306

ure 3b) helps to compensate for the lack of zooplankton calcifiers in the model. Indeed,307

simulated sinking CaCO3 fluxes compare reasonably well with those derived from sed-308

iment traps in the SAZ and PFZ (Figure 2a).309

3.2 The signature of calcification in alkalinity observations310

We examined salinity-normalized potential alkalinity (sPAlk) in observationally-311

based fields for a signature of Southern Ocean calcification. In Figure 3c we present the312

observationally-based estimates of mean sPAlk averaged over the σθ isopycnal density313

range 26.0 and 27.0, which includes SAMW and some portion of AAIW. As waters flow314
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CaCO3 at surface sPAlk on σӨ 26.0 - 27.0 isopycnal range

Figure 3. Suspended surface CaCO3 and salinity-normalized potential alkalinity (sPAlk) in

observations and CESM. (a) mean annual Particulate Inorganic Carbon (PIC) from MODIS,

averaged over the period 2003–2017. Areas where annual mean sea surface temperature is less

than 2◦C are masked, due to a known temperature range limit of coccolithophores (Holligan

et al., 2010) and the unreliability of PIC data near Antarctica (Balch et al., 2016; Trull et al.,

2018). (b) Coccolithophore CaCO3 from the CESM at the top level of the ocean model (0–10 m),

also masked at 2◦C annual mean temperature. Isopycnal outcrop surfaces for σθ 26.0 and 27.0

are shown by red contours. (c–f) sPAlk averaged within the σθ 26.0 and 27.0 isopycnal range

from observations: (c) GLODAP v2; (d) the CESM control; (e) the noGCB experiment; and

(f) the 2xGCB experiment. Surface CaCO3 (panel b) and sPAlk from the CESM control and

experiments (panels d–f) are averaged over the fifth IAF cycle (years 249–310).
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northward from the AZ to the SAZ, sPALK within this density range drops from > ∼2450315

mmol m−3 in the AZ to ∼2385 mmol mm−3 in the SAZ. Simulated sPAlk from the CESM316

control simulation shows a similar decline in sPAlk from south to north in this density317

range (Figure 3d). Modifying Southern Ocean calcification significantly alters the sPAlk318

distributions relative to the control simulation. Turning calcification off (noGCB) yields319

a sPAlk field with much smaller declines from the AZ to the SAZ (Figure 3e), which is320

inconsistent with the pattern in the observations. In contrast, doubling Southern Ocean321

calcification (2xGCB) yields a reduction in sPAlk (to about ∼2365 mmol m−3) that is322

much larger than the decline evident in the observations (Figure 3f). This comparison323

demonstrates that sPAlk in the SAMW density range is sensitive to calcification in the324

GCB region and the annulus of low sPAlk in observations (Figure 3c) is likely attributable325

to calcification in the SAZ and PFZ of the Southern Ocean. In the following, we explore326

the widespread impacts of Southern Ocean calcification by analyzing our experimental327

CESM tracers compared to the control Southern Ocean calcification shown in Figure 3b.328

3.3 The impact of Southern Ocean calcification on global alkalinity dis-329

tributions330

Eliminating calcification south of 30◦S (noGCB) yields an accumulation of alka-331

linity in the upper ocean relative to the control (Figure 4a–d). Doubling Southern Ocean332

calcification shows the opposite effects (Figure 4e–h). Since there is no production of CaCO3333

south of 30◦S in the noGCB experiment, there is also no dissolution at depth in this re-334

gion; curtailing this vertical transfer results in a deep ocean alkalinity deficit of ∼40 mmol m−3
335

relative to the control concentrated immediately beneath the GCB region (Figure 4a).336

The deficit is especially strong in the Atlantic and Indian sectors of the Southern Ocean,337

and somewhat weaker in the Pacific (Figure 4b-d). Again, doubling Southern Ocean cal-338

cification (2xGBC) shows precisely the opposite effect (Figure 4e-h). Integrating alka-339

linity vertically shows that Southern Ocean calcification controls the horizontal trans-340

fer of alkalinity from the Southern Ocean to the rest of the ocean (Figure 5). The sim-341

ulations show especially large sensitivity of the vertically-integrated alkalinity response342

(∼80 mol m−2) in the North Atlantic (Figure 5). Alkalinity anomalies are transported343

northward and propagate to depth via the formation of North Atlantic Deepwater (NADW;344

Figure 4c).345

It is important to note that the patterns simulated here do not represent a fully346

equilibrated state, as there is drift in DIC and Alk inventories (Table 1; Figure S2), as347

well as in the partitioning of alkalinity vertically in the water column (Figures S3 and348

S4). The global inventory of alkalinity in each experiment changes in response to a net349

imbalance between riverine inputs and burial at the sea floor. The global alkalinity in-350

ventory in the control simulation happens to be relatively well-balanced, such that the351

global drift is modest (Table 1). Changing Southern Ocean calcification changes the dis-352

tribution of Ω and the quantity of CaCO3 incident on the seafloor; reductions in GCB353

calcification produce a decline in the global CaCO3 burial and, hence, net accumulation354

of alkalinity in the ocean (Table 1; Figure S2). Since the model buries CaCO3 based on355

an Ω threshold, the alkalinity inventory will eventually stabilize as alkalinity accumu-356

lations drive Ω increases on the sea floor and burial increases to bring the inventory back357

into balance. We estimate, however, that this adjustment requires O(104) years of in-358

tegration and is thus not computationally feasible via a brute-force approach. The global359

drift in alkalinity, however, is quite small relative to the repartitioning of the inventory360

between upper and low overturning cells, thus it does not ultimately impact our conclu-361

sions substantially.362

In spite of the complications associated with model drift, these experiments clearly363

demonstrate that calcification and subsequent vertical transfer of alkalinity in the Sub-364

antarctic provides a means of alkalinity trapping. Calcification in the Southern Ocean365

removes alkalinity from northward flowing waters, transporting it vertically as sinking366
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Figure 4. Zonal mean differences in alkalinity between the control and the noGBC exper-

iment (panels a-d) and the 2xGBC experiment (panels e-h). Global zonal mean alkalinity dif-

ferences are shown on top in the larger plots and the smaller plots show zonal mean differences

within the Pacific, Atlantic, and Indian basins. Isopycnal layers in σθ coordinates are shown by

contour lines. All data are averaged over the fifth IAF cycle (simulation years 249–310).
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Figure 5. Horizontal shifts in depth-integrated alkalinity inventory. Panel (a) shows the

difference between the noGCB experiment and the control and panel (b) shows the 2xGCB

experiment difference from the control. All data are averaged over the fifth CORE-IAF cycle

(simulation years 249–310).
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PIC and depositing it in the deeper layers of the SAZ via carbonate dissolution. These367

water masses feed into the upwelling at the Antarctic divergence, thus enabling the al-368

kalinity trapping mechanism to operate effectively. In the noGCB experiment, this ver-369

tical transfer of alkalinity is eliminated, and alkalinity escapes the Southern Ocean trap;370

in the 2xGBC experiments, by contrast, a greater transfer of alkalinity to the deep ocean371

increases the efficacy of the alkalinity trap. These processes form a critical control on372

the distribution of alkalinity globally.373

3.4 Impacts of Southern Ocean calcification on the ocean carbon inven-374

tory375

Changes in Southern Ocean calcification result in widespread changes in air-sea CO2376

fluxes. The CESM simulations were forced with a constant atmospheric CO2 of 284.7 ppm,377

representative of preindustrial conditions. This fixed atmospheric boundary condition378

effectively makes the atmosphere an infinite CO2 reservoir. Under such a constant at-379

mospheric boundary condition, the control simulation would be expected to equilibrate380

to near-zero air-sea CO2 flux; however, the timescale to achieve such equilibrium is much381

longer than our 310-year-long integrations (e.g., Lindsay et al., 2014). Moreover, a bal-382

anced DIC inventory requires riverine inputs, burial, and air-sea fluxes to sum to zero—383

thus the persistent drift in CaCO3 burial, discussed above in the context of the alkalin-384

ity balance, also impacts the DIC inventory. As a result of this drift, we cannot defini-385

tively quantify the changes in equilibrium DIC inventory across our experiments. Our386

results are nevertheless informative in a qualitative sense, specifically highlighting the387

key role that Southern Ocean calcification plays in setting this inventory. The sensitiv-388

ity experiments show significant differences in air-sea CO2 fluxes that are indicative of389

the differences we expect with fully equilibrated DIC inventories.390

Over the last (fifth) CORE-IAF cycle, the control had a mean oceanic CO2 uptake391

of −0.14 Pg C yr−1 (Table 1). Shutting off Southern Ocean calcification (noGCB) re-392

sulted in a strong increase in this CO2 uptake (−0.24 Pg C yr−1), while doubling cal-393

cification brought the air-sea flux to near-zero (−0.04 Pg C yr−1; Table 1). These pat-394

terns are consistent with the large-scale transfer of alkalinity to the upper ocean in noGCB,395

but also involve the direct impacts of calcification on DIC itself. Increasing surface al-396

kalinity enhances the buffer capacity, effectively increasing the ocean’s capacity to ab-397

sorb and store CO2. The geographical distribution of changes in air-sea CO2 flux shows398

dramatically enhanced uptake in the Subantarctic in the noGCB experiments, accom-399

panied outgassing in the Antarctic zone of the Southern Ocean (Figure 6a). This dichotomy400

in air-sea CO2 flux response in the Southern Ocean is reflected in the Revelle factor (Fig-401

ure S5); indeed, it is this increase in buffer capacity that drives enhanced uptake in the402

Subantarctic and also in the high-latitude northern hemisphere ocean in the noGCB run.403

While buffer capacity also increases in tropical waters in noGCB, these regions display404

weak anomalous outgassing relative to the control. This reflects the fact that shutting405

off calcification in the SAZ eliminates a sink for DIC in the upstream regions feeding trop-406

ical surface waters; therefore, more DIC flows northward to these naturally alkaline re-407

gions, driving a tendency toward CO2 outgassing. The opposite patterns are evident in408

the 2xGCB (Figure 6b).409

The response of air-sea flux in our sensitivity experiments is consistent with the410

literature examining the effect of the rain ratio on atmosphere-ocean partitioning of CO2411

over geological timescales (e.g., Matsumoto et al., 2002). While our experiments only ma-412

nipulated the rain ratio south of 30◦S (Figure S6), these changes have significant impacts413

on the global mean rain ratio (Table 1). In noGCB, for instance, the reduction in rain414

ratio and the response of the air-sea flux is consistent with the expectation that this sim-415

ulation will equilibrate with a larger DIC inventory than the control.416
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Figure 6. Changes in air-sea CO2 flux between the control and the noGBC experiment (pan-

els a-d) and the 2xGBC experiment, where negative (blue) values represent greater CO2 flux into

the ocean and red values represent more CO2 fluxing out of the ocean.
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Figure 7. Mean upper ocean alkalinity (a) and DIC accumulation rates (b) as a function of

GCB CaCO3 fluxes across the σθ 27.4 isopycnal (with reference to control on left and bottom

axes; absolute values shown on right and top axes). Dots are from five CESM model experiments,

from left to right: noGCB, 100mDLS, control, 1000mDLS, 2xGCB (see Methods for experimental

setup). The lines on each panel are from least squares linear regressions of upper ocean alkalinity

and DIC accumulation rate as a function of CaCO3 flux (panel a slope = -1.58 mmol m−3/g

CaCO3 m−2 y−1; panel b slope = -0.95 Tmol DIC yr−1/g CaCO3 m−2 y−1).

3.5 Setting the Southern Ocean alkalinity trap417

The Southern Ocean alkalinity trap is sustained by the vertical transfer of PIC in418

the Subantarctic. CaCO3 production strips alkalinity out of northward flowing surface419

waters, depositing it at depth in the same water masses that feed Subantarctic surface420

waters from upwelling at the Antarctic divergence. The nature of this trapping mech-421

anism is thus dependent on the magnitude of vertical fluxes in CaCO3. To summarize422

this effect, we seek a relationship between the simulated alkalinity anomaly and the change423

in vertical CaCO3 flux in the GCB region, which we define as the region below the 26.0424

to 27.0 σθ surface outcrop (Figures 3a,b). We note that the sign of alkalinity anomalies425

in the noGCB and 2xGCB experiments changes around σθ = 27.4 (Figure 4). There-426

fore, we plot the change in the upper ocean alkalinity above this surface against the change427

in the CaCO3 flux across this surface in each experiment, including those where we ma-428

nipulated the dissolution length scale for sinking CaCO3 (100mDLS and 1000mDLS; Fig-429

ure 7a). The relationship is approximately linear and suggests that increasing the flux430

of CaCO3 across σθ = 27.4 south of 30◦S by 1 g CaCO3 m−2 will reduce the mean al-431

kalinity concentration above this surface by about 1.6 mmol m−3. Thus, we may expect432

that variations in CaCO3 fluxes in the Southern Ocean may contribute to variability in433

upper ocean alkalinity and thus ocean CO2 uptake.434

We further relate GCB CaCO3 fluxes to ocean DIC accumulation rates (Figure 7b).435

The relationship between DIC accumulation in the ocean and GCB CaCO3 fluxes is also436

approximately linear. Here, for each additional g of CaCO3 crossing the 27.4 isopyncal437

in the ocean the ocean accumulates 0.95 Tmol C yr−1 less. This relationship summa-438

rizes the effect of Southern Ocean calcification on the partitioning of carbon between the439

atmosphere and the ocean.440
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4 Discussion441

It has long been recognized that biological production in the Southern Ocean in-442

fluences atmospheric CO2 and global productivity via regional nutrient utilization ef-443

ficiency (Knox & McElroy, 1984; Sarmiento & Orr, 1991; Ito & Follows, 2005; Marinov444

et al., 2006; Primeau et al., 2013). Here we have shown that biological calcification in445

the Southern Ocean, primarily in the GCB region, also exerts a control on global bio-446

geochemistry by modifying the global distribution of alkalinity. Calcification and ver-447

tical CaCO3 fluxes in the GCB region of the Southern Ocean lead to a net transfer of448

alkalinity to the deep cell of the MOC (Figure 4); this vertical flux sustains an alkalin-449

ity trap, retaining alkalinity in the Southern Ocean (Figure 5). The key constraint on450

this Southern Ocean alkalinity trap is the flux of CaCO3 across the boundary between451

the upper and lower overturning cells. In CESM, this is approximately where σθ = 27.4452

in the GCB region of the Southern Ocean (located approximately at ∼1000 m for much453

of the ocean; Figure 4). Increasing the flux of CaCO3 across this surface in the South-454

ern Ocean strengthens the alkalinity trap, while decreasing the CaCO3 flux permits more455

alkalinity to escape and remain in the upper ocean globally (Figure 7).456

Calcification in the SAZ mixed layer depends on the organisms present and their457

physiological state. If coccolithophores out-compete other phytoplankton for nutrients,458

this could increase overall calcification. On the other hand, excess SiO3 could lead to an459

increase in diatoms at the expense of coccolithophores, reducing calcification (Matsumoto460

et al., 2002). Since diatom-silicification rates are sensitive to iron availability, this raises461

the possibility that variation in iron supply might indirectly modulate calcification rates462

through Si drawdown patterns integrated over the Southern Ocean. More plentiful pteropods463

and/or foraminifera may also modulate overall calcification; their populations may be464

more dependent on prey availability, as well as environmental conditions (e.g., Manno465

et al., 2018; Meilland et al., 2016). Further, calcifying organisms may be vulnerable to466

ocean acidification, which may drive decreases in calcification in this naturally acidic part467

of the global ocean.468

The Southern Ocean alkalinity trap is sensitive to the vertical distribution of CaCO3469

dissolution—and in particular partitioning of dissolution above and below the σθ 27.4470

(or equivalent) isopycnal. In nature, the dissolution profile might be sensitive to biologically-471

mediated dissolution in microaggregates (Milliman et al., 1999). Pteropod CaCO3 (in472

the form of aragonite) would be more susceptible to dissolution at shallow depths (Buitenhuis473

et al., 2019), especially if the aragonite saturation horizon shoals rapidly in the South-474

ern Ocean, as has been projected (Negrete-Garćıa et al., 2019). The CaCO3 dissolution475

profile is parameterized in CESM with a time-invariant dissolution length scale. The amount476

of deep water dissolution versus burial on the seafloor could influence the amount of al-477

kalinity that moves south and upwells at the Antarctic divergence.478

The sensitivity experiments we show here contain several important caveats and479

limitations. Most importantly, biases in the physical circulation of the CESM ocean com-480

ponent will impact the results. For example, a shallow mixed layer depth bias in the South-481

ern Ocean affects the fidelity with which the model simulates AAIW and SAMW for-482

mation. In a previous versions of CESM, biases in mixed layer depth were linked to poor483

simulations of mode water and weak uptake of transient tracers, such as anthropogenic484

carbon and chlorofluorocarbons (Long et al., 2013; Weijer et al., 2012). While these bi-485

ases may be important in controlling detailed aspects of the patterns in our results, such486

as the precise value of the slopes shown in Figure 7, they are not likely to impact our487

fundamental conclusions regarding the response of the alkalinity inventory to Southern488

Ocean calcification. We are confident that the model’s overturning circulation is suffi-489

ciently representative of nature that these conclusions are robust. Similarly, the ocean490

ecosystem model is a considerable oversimplification of reality. Our 4 phytoplankton/1491

zooplankton representation of ocean ecosystems ignores the intricacies and diversity present492

in nature. Such a simplified system usually results in one PFT dominating over the oth-493
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ers, rather than a more realistic, mixed plankton ecosystem. Additionally, here we only494

have one source of biological calcification—the coccolithophore phytoplankton functional495

type—and ignore distinctions between calcite and aragonite. Since aragonite is more eas-496

ily dissolved in sinking material, this could be critical for the representation of shallow497

CaCO3 dissolution and would influence how alkalinity (in the form of CaCO3) sinks and498

is remineralized at depth (Buitenhuis et al., 2019; Manno et al., 2018; Gangstø et al.,499

2008). Since our primary intent, however, is to illustrate the sensitivity to imposed changes500

in calcification and dissolution profiles, these oversimplifications do not significantly im-501

pact our conclusions.502

The sensitivity experiments we conducted are obviously highly idealized. The South-503

ern Ocean calcification mechanism of redistributing alkalinity between the upper and lower504

overturning, however, may play an important role on a variety of timescales. It has long505

been recognized that reorganizations of phytoplankton communities over millennial timescales506

might influence the global rain ratio, with implications for atmosphere-ocean partition-507

ing of CO2 (Archer et al., 2000; Matsumoto et al., 2002). Based on our study, it is pos-508

sible that the low-latitude, upper-ocean alkalinity inventory also contains decadal vari-509

ability, for instance, stemming from variations in Southern Ocean calcification on these510

timescales. Similarly, future oceanic CO2 uptake may include centennial-scale feedback511

mediated by changes in Southern Ocean calcification that alter the upper ocean’s buffer512

capacity under transient climate change scenarios.513

An additional important implication of our study is that oceanic profiles of alka-514

linity are not necessarily local in nature. We demonstrate this by calculating the rain515

ratio using the method described in Sarmiento et al. (2002), in which we compute the516

ratio between vertical gradients of sPAlk and salinity-normalized nitrate (nNO3) below517

the mixed layer (see Figure S6). Even though calcification was only altered south of 30◦S518

for our experiments—and thus the rain ratio was not changed outside this region—the519

vertical gradients in sPAlk and nNO3 changed nearly everywhere in the ocean, and are520

particularly different in the southern hemisphere subtropics, the region of the thermo-521

cline most closely linked to Subantarctic surface waters. This exercise highlights the widespread522

impacts of Southern Ocean calcification on vertical alkalinity gradients.523

5 Conclusion524

In this study we demonstrate the potential of Southern Ocean calcification to al-525

ter the global distribution of ocean alkalinity. We first used sediment trap and ocean sed-526

iment data from the Southern Ocean to show that sinking CaCO3 reaches depths >1000m527

setting up the potential for Southern Ocean alkalinity trapping; Southern Ocean CaCO3528

fluxes in CESM are inline with these observations (Figure 2). We identified a signature529

of Southern Ocean calcification in oceanic observations of alkalinity (Figure 3). We per-530

formed CESM simulations with differing Southern Ocean calcification to show that: (1)531

when Southern Ocean CaCO3 fluxes are lessened, more alkalinity leaves in the South-532

ern Ocean and remains in the upper cell of the MOC (Figures 4a-d, 5a); (2) when South-533

ern Ocean CaCO3 is increased, the Southern Ocean alkalinity trap is strengthened and534

more alkalinity is transferred to the deep ocean with relatively more alkalinity in the South-535

ern Ocean (Figures 4e-h, 5a); and (3) changes to Southern Ocean calcification result in536

anomalies with respect to ocean carbon uptake and storage (Figures 6, S2). In CESM,537

these processes are summarized by examining CaCO3 fluxes across the σθ 27.4 isopyc-538

nal in the GCB region of the Southern Ocean (Figure 7). The Southern Ocean alkalin-539

ity trap identified here is a novel mechanism recognized in the Earth system, relevant540

for paleoclimate studies as well as future projections. As calcification in the Southern541

Ocean continues to change due to anthropogenic climate change and ocean acidification,542

there could be widespread effects on global alkalinity distributions and ocean CO2 up-543

take.544
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Tréguer, P., Bowler, C., Moriceau, B., Dutkiewicz, S., Gehlen, M., Aumont, O., . . .789

Pondaven, P. (2018). Influence of diatom diversity on the ocean biological car-790

bon pump. Nature Geoscience, 11 (1), 27–37. doi: 10.1038/s41561-017-0028-x791

Trull, T. W., Bray, S. G., Manganini, S. J., Honjo, S., & François, R. (2001).792

Moored sediment trap measurements of carbon export in the Subantarc-793

tic and Polar Frontal zones of the Southern Ocean, south of Australia.794

Journal of Geophysical Research: Oceans, 106 (C12), 31489-31509. doi:795

10.1029/2000JC000308796

Trull, T. W., Passmore, A., Davies, D. M., Smit, T., Berry, K., & Tilbrook, B.797

(2018). Distribution of planktonic biogenic carbonate organisms in the south-798

ern ocean south of australia: a baseline for ocean acidification impact assess-799

ment. Biogeosciences, 15 (1), 31–49. doi: 10.5194/bg-15-31-2018800

Wefer, G., & Fischer, G. (1991). Annual primary production and export flux in the801

Southern Ocean from sediment trap data. Marine Chemistry , 35 (1), 597 - 613.802

doi: 10.1016/S0304-4203(09)90045-7803

Weijer, W., Sloyan, B. M., Maltrud, M. E., Jeffery, N., Hecht, M. W., Hartin, C. A.,804

. . . Landrum, L. (2012). The Southern Ocean and Its Climate in CCSM4.805

Journal of Climate, 25 (8), 2652-2675. doi: 10.1175/JCLI-D-11-00302.1806

Wilks, J. V., Rigual-Hernández, A. S., Trull, T. W., Bray, S. G., Flores, J.-A., &807

Armand, L. K. (2017). Biogeochemical flux and phytoplankton succession:808

A year-long sediment trap record in the australian sector of the subantarctic809

zone. Deep Sea Research Part I: Oceanographic Research Papers, 121 , 143 -810

159. doi: 10.1016/j.dsr.2017.01.001811

Wolf-Gladrow, D. A., Zeebe, R. E., Klaas, C., Körtzinger, A., & Dickson, A. G.812
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Figure S1. Refined particulate inorganic carbon (PIC) to particulate organic carbon (POC)

production ratio in coccolithophore growth in CESM2 with coccolithophores. The new relation-

ship is shown by the solid black line, while the relationship used previously (Krumhardt et al.,

2019) is shown by the dashed line. Data points from experiments with the Southern Ocean

Emiliania huxleyi morphotype are enlarged and outlined with black circles.
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a) OceanAlk inventory

b) Ocean DIC inventory

Figure S2. Ocean Alkalinity (Alk; panel a) and dissolved inorganic carbon (DIC; panel b)

inventory time-series over the course of each experiment and the control. Least-squares regression

lines were computed over the last two interannual forcing cycles (124 years), shown here in dashed

lines. The slopes of these lines (Alk and DIC accumulation rates) are reported in Table 1.
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Figure S3. Zonal global mean differences in alkalinity between the control and the noGBC

experiment (panels a-e) and the 2xGBC experiment (panels f-j). Each row is representative of

a mean zonal difference for each interannual forcing (IAF) cycle (62 years/cycle), with the first

IAF cycle on the top row and the fifth on the bottom. Isopycnal layers in σθ coordinates are

shown by contour lines.
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a) Global alkalinity difference: noGCB - control

b) Global alkalinity difference: 2xGCB - control
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Figure S4. Global mean Hovmöller diagrams of alkalinity anomalies for the noGCB (a) and

2xGCB (b) experiments. Panels show alkalinity differences from the control in a depth versus

time field for our 310-year CESM integrations. Note the explanded top 1000m depth axis.
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Figure S5. Changes in the Revelle factor relative to the control for the noGCB experiment

(a) and the 2xGCB experiment (b).
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Figure S6. The true rain ratio (a) and inferred rain ratio (calculated as in Sarmiento et al.,

2002) for the CESM control simulation, and changes in the inferred rain ratio for the noGCB

(c) and 2xGCB (d) experiments, with reference to the control. The true rain ratio is the ratio

of CaCO3 flux and particulate organic carbon flux at 100 m. The inferred rain ratio is based

on vertical gradients of salinity-normalized potential alkalinity and salinity-normalized nitrate

(Sarmiento et al., 2002).
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